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Abstract
The focus of this thesis is the sensitivity of the strength of the meridional overturning
circulation to surface forcing and mixing on climatological time scales. An adjoint model is
used to gain new insights into the spatial characteristics of the sensitivity patterns.
Adjoint models provide the sensitivity of a diagnostic, often called cost function, to all
model parameters in a single integration. In contrast, traditional sensitivity analyses are
performed by repeated integrations of the so-called "forward" model, perturbing slightly
the value of a single parameter at each integration. The results of the adjoint model allows
us to calculate global maps of sensitivity. These maps provide a geographic picture of where
on the ocean heat and freshwater flux, wind stress and diapycnal mixing perturbations have
the greatest impact on the meridional overturning and its heat transport.
The adjoint model provides clear identification of the physical mechanisms which can
influence the meridional overturning on times scales of years to decades. Boundary and
equatorial Kelvin waves and equatorially trapped Rossby waves carry information around
the boundaries of the basin and across the equator in less than a decade for a basin of the
size of the Atlantic. Advection of buoyancy perturbations has an important influence on
the meridional overturning on the decadal time scale. Diffusion is important in determining
the final equilibrated state of the meridional overturning on the centennial scale.
The role of diapycnal mixing in determining the overturning's strength is confined to
regions near the lateral boundaries in the Northern hemisphere and to the tropical region
in both hemispheres. The important role played by the tropics in setting the overturning's
strength seems to confirm the thermodynamic principles outlined by Sandstr6m (1908),
Jeffreys (1925) and Munk and Wunsch (1998): upward advection of heat is balanced by
downward diffusion. The strength of the meridional overturning is then determined by the
power available to return the fluid to the surface across the ocean's stratification. Because
the ocean is most strongly stratified in the tropics, the mixing process is most efficient in
that region. Along the eastern boundary in the extratropics, the importance of diapycnal
mixing is confined to a shallow layer at the base of the thermocline. The large vertical tem-
perature contrast between the western and deep western boundary currents induces efficient
mixing in that region. Surface wind stress has two effects on the ocean's stratification which
concentrate the sensitivity in the eastern equatorial region. Ekman suction increases the
stratification along the equator while Ekman pumping decreases it in the rest of the trop-
ics. The equatorial easterlies lift the thermocline on the eastern side of the basin, further
increasing the stratification and the efficiency of the vertical mixing process in that region.
These processes are similar in the results from a coupled model. Atmospheric feedbacks do,
however, allow vertical mixing in the Pacific to play a role as important as mixing in the
Atlantic in determining the overturning's strength. The large uncertainties in the global
value of the diapycnal mixing in the ocean, estimated here at , = 3. 10- 5 ± 2 -10-5 m2s- 11
translate into an uncertainty of approximately 6 Sv in the maximum value of the meridional
overturning streamfunction.
The role of surface buoyancy forcing on the overturning's strength depends on the for-
mulation of the surface boundary conditions. The sensitivities are confined to high latitudes
and the vicinity of convection sites when the surface forcing is prescribed as restoring the
sea surface salinity or temperature towards observations. When the forcing is prescribed as
a flux of heat or freshwater, advection allows buoyancy perturbations in the Atlantic basin
to play an important role in determining the evolution of the meridional overturning. For
annual and decadal time scales, heat flux perturbations in the North Atlantic are likely to
have the greatest impact on the meridional overturning. On climatological time scales, it
is the uncertainty in the precipitation and evaporation fields in the tropics which have the
greatest impact on the uncertainty in the streamfunction, the latter can be estimated at:
'MAX = 29 ± 4 Sv. Over the intermediate time scale of climate change, the overturning
is likely to weaken at first because of warming and freshening in high latitudes. It will,
however, eventually recover as positive salinity anomalies are advected northwards from the
tropics.
The sensitivity of the overturning to the wind stress forcing is also dependent on the
surface boundary conditions. Under restoring boundary conditions, large positive sensitiv-
ities are observed in the Antarctic Circumpolar Channel in a pattern reminiscent of the
so-called Drake Passage effect. According to that hypothesis, upwelling of North Atlantic
Deep Water takes place predominantly in a branch of the Deacon cell in the Drake Passage
region. The importance of wind in the Drake Passage vanishes when the surface buoy-
ancy fields are less tightly constrained, for example in the model forced by mixed boundary
conditions or in the coupled model. The Agulhas Plateau, the Chilean coastline and the
Indonesian throughflow play an important role in setting the overturning's strength in the
ocean model forced by mixed boundary conditions. These "gateways" act as a regulator
of the salinity of the Atlantic basin. The wind stress determines the balance between the
inflow of relatively salty Indian Ocean water through the Agulhas current, the inflow of
fresher Benguela current water southwest of Africa and the flow of very cold and fresh
water through the Drake Passage. A wind stress perturbation of ±0.03 N m 2 over the
Agulhas Plateau would have a significant impact on the meridional streamfunction's maxi-
mum, estimated at OpMAX = 29t+0.5 Sv. Both Drake Passage and gateway effects disappear
almost completely in the coupled version of the model, which shows the strongest positive
sensitivities to wind stress in the region of equatorial Ekman upwelling.
Our study shows that, in a climatological ocean model, the choice of air-sea boundary
conditions is crucial in determining the sensitivity of the meridional overturning circulation.
The climatology of the forward ocean model is credible and quite similar in all scenarios.
However, including interactive atmospheric transports of heat and moisture changes the
manner in which the ocean model state adjusts to changes in wind stress, heat flux and
diapycnal mixing. Considering the role of both the atmosphere and the ocean when studying
the climatological behavior of the MOC is, therefore, clearly important. Models which keep
one of the components fixed can lead to very different conclusions from models in which
both components are represented.
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Chapter 1
Introduction
1.1 Heat Transport in the Atmosphere and the Oceans
Without any transport of heat from the tropics to higher latitudes by the atmosphere and
the oceans, the Earth would be approximately forty degrees colder at the poles and warmer
by the same amount at the Equator (North et al., 1981). The partitioning of this heat
transport between the atmosphere and the ocean changes from basin to basin, between
hemispheres and with seasons (Peixoto and Oort, 1992). Only the total heat transport
is known accurately, the ratio of oceanic to atmospheric heat transport is poorly known.
Observations indicate that neither medium contributes more than two-thirds of the overall
heat transport (Peixoto and Oort, 1992). It is also poorly known how efficiently the Earth
can compensate an increase in heat transport in one medium by a decrease in the other.
Large variations in historical temperature records suggest that this natural compensation
mechanism is, at at best, imperfect.
The atmosphere transports heat northward in baroclinically unstable disturbances, pri-
marily in mid-latitude storms, and in stationary waves. The ocean has essentially two
methods for transporting heat northward. Considering first the deviations of the flow from
its basin wide average, a warm northward anomaly or a cold southward anomaly both
achieve a net transport of heat to the North. This is how the wind driven subtropical gyres
contribute to the world's heat balance. The basin mean circulation will transport heat to-
wards the pole if there is a polewards warm flow near the surface and a colder equatorwards
flow at greater depth. This circulation is referred to as meridional overturning circulation;
it advects a large amount of heat from tropical latitudes towards the pole in the Atlantic
basin. The Atlantic ocean has the peculiar feature of transporting heat equatorwards in
the Southern Hemisphere, primarily because of heat transport associated with the over-
turning component. The polewards transport of heat by the gyres in the Pacific and Indian
oceans is, however, polewards. Overall, observations indicate that the world's oceans trans-
port heat polewards in both hemispheres (Trenberth and Solomon, 1994; Macdonald and
Wunsch, 1996).
1.2 The Stability of the Meridional Overturning Circulation
The meridional overturning circulation, often referred to as thermohaline circulation or
popularly as the ocean's conveyor belt, will be the focus of much of this thesis. The heat
transported by this circulation is gradually released into the atmosphere, thereby giving
Western Europe its comparatively mild climate. The intense cooling of the ocean surface
in the Norwegian, Greenland and Labrador Seas leads to a localized convective overturning
of the water column in those regions. The pressure gradients, which are thereby generated,
drive the southward movement of the North Atlantic Deep Waters.
A seminal paper by Stommel (1961) pointed out that, in a simplified two-box illustration
of the meridional overturning circulation, two stable equilibria were possible. Sinking in the
northern box corresponds to a thermally dominated circulation, the current situation in the
Atlantic. The influence of salinity on the water's density dominates in the reverse circulation
which sees sinking near the equator. Rooth (1982) revisited this issue and showed that the
pole to pole density gradient can also have a significant influence on the direction and
stability of the meridional overturning.
Since the work of Stommel, paleoclimate studies have pointed to disruptions of the
thermohaline circulation as a possible explanation for the abrupt changes seen in the tem-
perature records, which are reconstructed from ice and sediment cores (Broecker et al.,
1985). A popular theory explains the Younger Dryas cooling event, which took place 11,000-
10,000BP, by a massive discharge of icebergs from the Laurentide ice sheet. The freshening
of the surface waters in the Atlantic is thought to have led to a temporary shutdown, or at
least a significant weakening, of one or several of the branches that form the North Atlantic
Deep Water (Keigwin et al., 1992; Lehman and Keigwin, 1992).
Numerical models of the ocean show that the meridional overturning circulation is indeed
sensitive to a large input of freshwater in the Northern North Atlantic (Bryan, 1986; Manabe
and Stouffer, 1988; Marotzke and Willebrand, 1991; Rahmstorf, 1995). The simulation of
climate change scenarios in coupled atmosphere-ocean general circulation models (GCMs)
also show a gradually weakening circulation, attributed to enhanced northward atmospheric
moisture transport in a warmer atmosphere and a subsequent freshening of the Atlantic
(Manabe and Stouffer, 1994; Wood et al., 1999; Dixon et al., 1999). The dominance of
changes in freshwater forcing over changes in the surface heat flux is, however, contested
by the results obtained with other models (Mikolajewics and Voss, 2000; Kamenkovich
et al., 2000b). Most studies have implicitly assumed that the meridional overturning's
sensitivity to the surface fluxes of heat and water is geographically co-located with the
sites of convection and downwelling, where the deep water is formed. The role played by
the geographic distribution of the changes in forcing, the relative importance of changes
in the tropics vs. high latitudes or of changes in the Atlantic vs. the Pacific are largely
unknown. The role of pole to pole dynamics has received more attention. The work of Wang
et al. (1999a,b), Scott et al. (1999) and Rahmstorf (1996) points to the freshwater flux in
the South Atlantic as a possible regulator of the intensity of the meridional overturning
circulation. The relative importance of oceanic and atmospheric transport mechanisms in
determining the sensitivity of the meridional overturning circulation is also poorly known,
although theoretical studies have shown that the atmosphere adds a number of positive
feedback mechanisms, which tend to amplify disturbances in the overturning's strength
(Nakamura et al., 1994; Marotzke, 1995). Other outstanding issues include the role played
by the rate of warming on the evolution of the overturning (Stocker and Schmittner, 1997;
Wood et al., 1999), and the presence of stability thresholds beyond which changes in the
circulation become difficult to reverse (Rahmstorf, 1995; Zhang et al., 1999).
Past discussions have often implicitly or explicitly assumed that the mechanism respon-
sible for controlling the intensity of the meridional overturning circulation was convective
mixing and the downwelling branch of the circulation. While this may be true for short-
term changes in the circulation, the energy required to return abyssal waters to the surface
is thermodynamically the factor limiting the intensity of the steady-state meridional over-
turning circulation (Sandstrdm, 1908; Jeffreys, 1925). A number of mechanisms have been
suggested to provide this source of energy. The first focuses on vertical mixing of heat,
particularly along coastal boundaries and mid-oceanic ridges, as the true driving force of
the circulation (Marotzke and Scott, 1999; Zhang et al., 1999; Huang, 1999). This mixing
would realistically be the product of wind or tidally induced gravity wave breaking (Munk
and Wunsch, 1998). Such small scale processes are not resolved by the coarse resolution
ocean general circulation models of the type used in this thesis, which therefore parameter-
ize mixing as a diffusive process. The second hypothesis has the Southern Oceans playing
a crucial role in determining the intensity of the overturning. Because of the absence of
continental barriers, there can be no net East-West pressure gradient and, therefore, no
net geostrophically balanced North-South flow in the Antarctic circumpolar channel. The
westerlies drive a northward Ekman drift in the near surface layers that does not need to
be in geostrophic balance. To satisfy geostrophy, the return flow must take place below
the depth of the topographic ridges, notably below the sill located between the southern
tip of South America and Antarctica. The divergence of the Ekman transport south of
the Drake Passage can thereby draw up an estimated 15 Sv of deep water from below the
level of the topographic ridges. This, theoretically, provides the source of energy required
to convert the cold and salty North Atlantic Deep Water, which is observed below the
top of topographic ridges, into fresher surface water (Toggweiler and Samuels, 1995, 1998).
This Deacon cell, and its associated upwelling, is largely eliminated from the meridional
overturning circulation, when the eddy induced transport velocity is added to the Eulerian
mean velocity (Danabasoglu and McWilliams, 1995). This additional "bolus" velocity is
linked to the Gent-McWilliams parameterization. By adding a down-gradient diffusion of
the thickness between isopycnal surfaces, this parameterization produces an effect that can
be expressed as an additional tracer advection.
Only a sensitivity study, which includes all the elements forcing and constraining the
ocean's circulation, has the potential to determine the relative influence of freshwater, heat
fluxes, dia- and isopycnal mixing, thickness diffusion and wind stress on the intensity and
stability properties of the meridional overturning circulation.
1.3 Sensitivity Studies
Traditional sensitivity studies are performed by adding small perturbations to the variables
or parameters presumed to be important, and comparing the perturbed integrations to the
control run. This method has the advantage of giving information about the impact of
the perturbation on all model variables during the integration period, its drawback is the
limit to the number of parameters or input variables that can be examined. This constraint
is imposed by the necessity to run one simulation for each perturbed parameter or initial
condition, and the associated large computational requirement of the method.
Adjoint methods have the advantage of providing the sensitivity of a scalar function
of the model state at a given time, often called cost function in optimization problems,
to all model parameters and initial conditions in a single integration of the adjoint model.
The use of adjoint methods to perform sensitivity studies in climate models was pioneered
by Hall & Cacuci in a sequence of papers in the early 80s (Hall et al., 1982; Hall and
Cacuci, 1983; Hall, 1986). They first applied it to a radiative-convective model of the
atmosphere, demonstrating that the method was successful in deriving useful sensitivities,
even though that model contained complex non-linear processes of the general type found in
atmospheric and oceanic GCM's, notably episodic convective adjustment. The method was
then tested on a greatly simplified atmospheric GCM showing that, within the limitations
imposed by computational costs, deriving sensitivities useful to the interpretation of the
results of climate models was a feasible task. In spite of their computational advantage over
traditional perturbation methods, sensitivity studies using adjoint methods have largely
been abandoned since Hall & Cacuci's efforts, primarily because of the necessity to write
manually the code of the adjoint model. This daunting task has recently been greatly
simplified by the advent of adjoint compilers which use automatic differentiation methods
to generate the adjoint code (Giering, 1997). More recently, Marotzke et al. (1999) used
automatic differentiation to derive the adjoint model of an ocean GCM, these authors
examined the sensitivity of the heat transport in the Atlantic to the temperature and
salinity distribution throughout the basin one year earlier.
Because they provide information about the gradient of a diagnostic with respect to the
model state, adjoint methods have been used in data assimilation problems in atmosphere
and ocean GCMs (Wunsch, 1996; Talagrand, 1997). The matrix composed of these gradients
allows for the solution of the minimization problem that is required to constrain the flow
to best correspond to observations.
Within the uncertainty in the model parameters, adjoint methods allow a ranking of the
impact of changes in various model inputs on a given cost function. The adjoint method
therefore provides the tool that allows to determine which of the competing influences on the
stability and intensity of the meridional overturning circulation plays the greatest role. A
quantitative comparison of the effect of perturbations in the parameters on the overturning's
intensity requires the multiplication of the sensitivities obtained with the adjoint model with
a perturbation in the field or parameter. While the uncertainty in fields such as wind stress
is quantifiable, other fields are much less precisely known. The globally averaged value
of the diapycnal mixing is, for example, unknown to a factor of three or more (Gregg,
1987). Because of the linearization, which underlies the adjoint model, the validity of the
comparative analysis if furthermore limited to small perturbations in the underlying fields.
Adjoint methods are, however, no substitute for traditional perturbation methods when
the objective is to determine how these parameters affect the physical characteristics of the
general circulation within the ocean model.
1.4 Climate Predictability
Adjoints have also been used in ensemble forecasting by the European Center for Medium
Range Weather Forecasting (ECMWF) (Mureau et al., 1993; Palmer et al., 1994; Buizza
et al., 1993; Buizza and Palmer, 1995; Molteni et al., 1996). In that scheme, the "singular
vectors", provide the geographic locations where disturbances are most likely to grow over
the time span of the weather forecast. The operator, which maps small perturbations in the
atmosphere along the weather forecast's trajectory from the initial state to a future time is
known as the forward tangent propagator. Singular vectors are the product of the forward
tangent propagator with its adjoint with respect to an energy norm.
The suitability of this method is, however, limited to the time scale over which the
perturbation growth remains linear, approximately three to four days in the atmosphere
(Molteni and Palmer, 1993; Palmer, 1993a). It is unclear whether an equivalent time scale
exists for slower ocean processes. The results of Wang et al. (1999b) suggest that the
evolution of the thermohaline circulation, when forced by increasing fluxes of freshwater in
high latitudes, is dependent on the sequence of random wind stress fluctuations. This result
would imply that there exists a limit to the predictability of the evolution of the climate
system. These results have, however, not been reproduced by other coupled climate models.
Reconstructions of historical temperatures from ice cores or other paleoclimate data sources
do, however, show important fluctuations on a number of time scales. It is unknown which
of these variations are predictable and which are not (Palmer, 1996). Addressing these
questions requires climate models, which are sufficiently simple to be integrated over long
time scales. It is also important that these models parameterize the transport of tracers such
as heat, moisture or salinity by turbulent eddies. This requirement is due to the difficulty
in obtaining useful adjoint sensitivities beyond the limit of predictability of the behavior of
the individual eddy (Lea et al., 2000; K6hl and Willebrand, 2001). The use of non eddy
resolving ocean models, such as the one used in the present analysis, may, however, limit
the generalization of the results to more complicated eddy resolving systems. Provided
that climate models show adequate intrinsic climate variability when forced by changes in
orbital parameters, solar cycles, aerosol or greenhouse forcing, the singular vector method
used for ensemble forecasting by the ECMWF could be used to gauge the predictability of
the response of the climate system to these various types of forcing (Palmer, 1993b, 1999).
1.5 Outline of the Thesis
Chapter 2 gives a brief overview of the dynamics of the adjoint model. This chapter is
provided to familiarize the reader with the mechanisms and time scales over which infor-
mation is communicated around the basin in the adjoint model. This overview will include
the dynamics of adjoint Kelvin and Rossby waves, as well as advection in the adjoint space.
The focus of this chapter is entirely on time dependent processes.
Chapter 3 will provide a suite of experiments in an idealized single basin setting to
develop an understanding of the steady-state sensitivity patterns provided by the adjoint
model. Complexity is gradually built up by focusing first on the forcing by temperature and
precipitation alone, while omitting the forcing of the momentum terms by the wind stress.
The effect of wind is analyzed in a second series of experiments. The role played by the
formulation of the surface buoyancy forcing terms is examined in a third set of calculations,
highlighting the dependency of the model's response on how the surface forcing terms are
calculated. The analysis will focus on the role of mixing, surface buoyancy forcing and when
appropriate, wind stress forcing on the meridional overturning circulation.
Chapter 4 briefly presents the structure and flow characteristics of the simplified coupled
ocean, energy and moisture balance atmosphere model. This model will be used to analyze,
in chapter 5, the sensitivity of the meridional overturning circulation to surface forcing and
mixing in a realistic geography configuration. This chapter is structured by theme, and
focuses on using the adjoint model to gain insight and provide support for the theories,
which seek to explain the intensity of the overturning in terms of mixing, wind stress and
buoyancy forcing. This chapter also outlines how uncertainty in the heat, freshwater and
momentum fluxes can be used to provide a range of uncertainty in the model's estimates of
the overturning's intensity and polewards heat transport in the Atlantic basin.
Chapter 6 reviews the major results of this thesis, but also emphasizes the limitations
of the adjoint method. This chapter also outlines the direction of future research.
Chapter 2
Adjoint Dynamics
2.1 Introduction
The analysis of the sensitivity of the output of a climate model integration to the model's
parameters can provide valuable help in interpreting the model results. It can, for example,
allow a quantitative estimate of the impact of uncertainties in these parameters on the state
of the model at the end of the integration. By 'parameter' is meant here the combination of
the model's initial conditions as well as the constant physical parameters, which determine
the model's evolution. The sea surface temperature at the time when the integration starts
is an example of an initial condition, the model's viscosity or gravity are physical parame-
ters. Sensitivities to initial conditions will be referred to as "initial value" sensitivities, the
terminology will be "parametric" sensitivity in the case of constant parameters.
Traditional sensitivity analysis is performed by repeated integrations of the ocean or
coupled general circulation model model, perturbing slightly the value of a single param-
eter at each integration. Sensitivities are obtained by dividing the difference between the
perturbed integration and the reference, unperturbed, run with the magnitude of the per-
turbation itself. For complex models such as the one presented in this chapter, any extensive
analysis using such a procedure is computationally unfeasible because of the number of pa-
rameters involved. In practice, this means that only the few parameters judged a priori as
being the most important can be investigated.
Adjoint methods express the response of the model as a diagnostic or cost function of
the model variables. The system of adjoint equations, developed from a differentiated form
of the original model equations, allows the computation of the sensitivity of the diagnostic
to all model parameters in a single calculation. In contrast, the traditional approach gives
the sensitivity of all the model variables to a single parameter.
The terminology "forward" model will be used when referring to the numerical ocean
or coupled general circulation model. The numerical code derived from the forward model,
which calculates the sensitivity of the cost function to the model parameters will be referred
to as "adjoint" model.
2.2 Theoretical Background
The output of an adjoint model calculation gives the sensitivity of the cost function to the
initial conditions as well as to the model's physical parameters. The cost function can be
any scalar function of the model output, as long as it remains differentiable. This can, for
example, be the sea surface temperature at one geographic location, the intensity of the
meridional overturning circulation at a given time or the change in the amount of heat
transported by the ocean over time.
The adjoint problem is easiest to pose for discrete time intervals, n = 0...N, which
conveniently represents time stepping in numerical oceanic and atmospheric models (see for
example Talagrand (1997)). The evolution of the state vector yn between time steps 0 and
n +1 can be represented from the composition of the mapping of the state at one time step
onto the next:
Yn+1 = Cn(yn) = Co Cno --- Ci(yo) (2.1)
where
Yo = (To, So, o,po, po, a)
In the ocean model described later in this chapter, yn is comprised of the prognostic
variables: temperature (T), salinity (S) and the three-dimensional velocity vector (a), the
diagnostic variables pressure (p) and density (p) as well as the model's physical parameters
(a). The variables are represented by three-dimensional arrays of the dimensions of the
model grid, a is a vector of the same dimension as the number of independent parameters
in the model.
The evolution of a perturbation of the state vector byn at time n + 1 can be represented
6Yn+1 = C'n 6 yn (2.2)
C1nj= 0 bY(i;n)
" a Oy(J-n-1)
C' is often called the linear propagator, the index n represents time, ij are spatial
indices. C' exists only if the mapping is differentiable. Jyn is in turn related to the initial
perturbation 6yo at time t = 0 through the repeated application of the rules of derivation
for the composition of functions:
gyn+1 = C'noyn = C'nC'n_1...C'1 6yo = C' 6 yo (2.3)
Cf 1 6 Y(i;n)
0 6 y(j;o)
Equations 2.2 and 2.3 are a compact representation of the so-called tangent linear system
of equations.
The gradient of the cost function, a response functional of the output state vector J(yN)
at final time t = N, with respect to the model input obeys the following equation:
a = - dYz;N) W i = 1...q (2.4)U(i' 0) aY O(i;0) aY(j;N)
or in more compact notation:
Vy J = C'*C'*...C* VYNJ = CI*VYNJ (2.5)
where the superscript * indicates the use of the adjoint matrix. This follows from the
properties of the inner product ( , ):
bJ = (VYN J, YN) = (VYN J 0 6 YO) = KcI*VYN, j ) = 0 (VYO 0J"6yo) (2.6)
Equation 2.5 illustrates the fact that the adjoint model is integrated backwards in time:
VYNJ is calculated first before being multiplied with C*, C_, back to C*.
The adjoint concept can be generalized to any time step, Vy.J gives the sensitivity of
the cost function to a perturbation of the state variables or parameters applied on day n
and maintained until day N.
The system of adjoint equations can be derived independently of any cost function. The
cost function J allows to relate the variations in the initial state or in model parameters to
the corresponding variations in a diagnostic, which has interesting physical properties.
The system of adjoint equations in the continuous time domain will be derived on a
case by case basis for the examples chosen to illustrate the model's adjoint dynamics later
in this chapter. The reader is referred to Morse and Feshbach (1953), Lanczos (1961) and
Hall et al. (1982) for a derivation of the general principles of adjoint construction.
2.3 Implementation
The automatic derivation of the adjoint of the ocean model is performed by the Tangent
Linear and Adjoint Model Compiler (TAMC) (Giering, 1997). A detailed description of
the construction of the adjoint code as well as an example of its implementation can be
found in Marotzke et al. (1999). Three approaches can be used to derive adjoint code. In
the terminology of Sirkes and Tziperman (1997) the "adjoint of finite difference" approach
derives the adjoint equations directly from the finite-difference equations of the forward
model. The "finite difference of adjoint" approach derives the adjoint equations to the
linearized continuous model, and subsequently determines an appropriate finite-difference
formulation. The approach used by the TAMC is to derive the adjoint of the numerical
code itself. Numerical stability issues related to discretization of the adjoint equations set
aside, all approaches should give the same result.
No stability problems related to the discretization of the equations in the adjoint model
were noticed during this analysis. This is due to the fact that the Adams-Bashford time
stepping scheme used by the forward model has no computational mode, and none can
therefore exist in the adjoint model. The issues related to the discretization of adjoint
equations mentioned by Sirkes and Tziperman (1997) were related to the use of the Leapfrog
scheme, which has a computational mode that needs to be damped in both the forward and
the adjoint model.
The procedure used by the TAMC is to perform first an integration of the forward model
while storing the variables required by the adjoint model to calculate the derivative terms.
The latter model makes use of this information while working its way backward in time and
calculating the derivatives according to equation 2.5.
The following one-dimensional advection problem illustrates the methodology. The tem-
perature at point A is specified and grows by 1 at each time step, it is advected by a specified
flow velocity to point B.
TA(i + 1) = TA(i) + 1
TB(i + 1) = TB(W) + At (TA(i) - TB())
(2.7)
(2.8)
The model state is described by y= (TA, TB, u, At, Ax), while the initial conditions and
model parameters are: yo= (TA(0), TB(0), u, At, AX).
If the cost function is defined as:
J = T (N) (2.9)
the adjoint model answers the question of how J depends on yo. For two time steps:
Vy J =c 1*c'2*vy2J (2.10)
If the initial state is described by yo= (1.5, 1, 1, 1, 2) , the model is solved by calculating:
uAt
Ax
Ax
A(T(0) - TB(0))
U(TA(0) - TB(0))
- A (TA(0) - TB(0))
0 1
0 0
0 -0
0 0
1~ ~0
uAt
Ax
Ax
"(TA(1) - TB(1))
a(TA(1) - TB(1))
A7(TA(1) - TB(1))
8J
aT A(o)
oJ
OTB (0)
aJ
Ou
aJ
at
OAX
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1
0
0
0
0o
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01
01
0
1 _ \
0
2TB(2)
0
0
0
1=
2TB(2) At + (1- 1At).2
2TB(2) (1 - UA)2 0.5
2TB(2)A (TA(1) -TB(1) + (1 - ul(TA (0) - TB(0))) = 2TB(2) 1.5
2TB(2) (TA(1) - TB(1) (1 - A) (0) - TB(0)))-
-2TB(2) (TA(1) - TB(1) + (1 - "') (TA (0) - TB(0)))\-.5
For a 10% perturbation in each of the components in yo, the impact on the cost function
of a generic parameter a can be estimated as: AJ = Aa. Even after two time steps,
the initial value of TA plays a greater role in determining J than TB(0). Increasing the
advective velocity or the time step, or decreasing the grid spacing all have the same impact.
The computational cost of an adjoint time step involves the multiplication of a 5 x
1 vector by a 5 x 5 matrix. This is much cheaper than the equivalent tangent linear
version which requires matrix by matrix multiplications until the final step. This reduced
computational load is one of the major advantages of the adjoint model. The drawback is
the prerequisite knowledge of the TA and TB sequence of numbers.
When using a model of the size of a coupled atmosphere-ocean GCM for multi-year runs,
the storage requirements necessary during the forward run rapidly exceeds the capacity of
any computer. A procedure called checkpointing (Griewank and Corliss, 1991) is therefore
introduced to reduce the storage requirements to a manageable size. This procedure consists
in splitting the model's time stepping into multiple embedded loops. For the two level
checkpointing system shown in Fig. 2-1, time stepping is split into an outer and an inner
loop. Obtaining sensitivities requires two runs of the forward model, the first integration
stores the model state at every call of the outer loop, N times. This information is then
used for the integration of each individual segment of the inner loop, starting at n = N - 1.
A second forward run stores the state M times, this information is used during the adjoint
run. After finishing the N - 1 segment, the model reads the state stored at N - 2 before
proceeding with the integration of that segment.
Three level checkpointing is required in the implementation of the ocean model in order
to obtain sensitivities on climatological time scales. The innermost loop stores the model
state to the computer's active memory. The middle and outer loops use storage to files.
When optimized to minimize storage requirements (Griewank and Corliss, 1991), a 400
year adjoint calculation of a 4 degree resolution global ocean model requires approximately
1.4GB of disk space. The storage of multiple files can theoretically be avoided if the model
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FORWARD OUTER
n= 1 2 N
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Figure 2-1: Illustration of a two-level checkpointing sequence. This scheme requires two
integrations of the forward model and one integration of the adjoint code. Information is
stored at the N outer checkpoints, and picked up as starting points for the inner nested
loop of the forward and adjoint models, which has M time steps.
is in an exact steady state, a single file should then suffice. Although the present model has
little internal variability and most of the results presented here are linearizations about a
steady-state, this solution was avoided. The objective was to develop a methodology, which
could be applied to a linearization about a time dependent trajectory.
Because of the necessity to perform three forward calculations before proceeding with
the adjoint calculation, and because the adjoint code itself contains more terms than the
original code, the complete sensitivity calculation takes approximately 4.6 times the time
of an equivalent forward run.
2.4 Description of the Forward Model
The ocean model used in this project is the MIT OGCM; it is described in detail in Marshall
et al. (1997a,b). This model is designed to study ocean processes ranging from the non-
hydrostatic scale of convection to the hydrostatic global scale. The version used here consists
of a single rectangular basin 640 wide in the zonal direction, which extends from 66' S to
700 N. A continuous channel is added in southern latitudes to represent the Antarctic
Circumpolar current, this "ACC" is 800 wide and extends from 660 S to 460 S. The reso-
lution of the model is 40 x 40 and the model has 15 layers in the vertical, with thicknesses
ranging from 50 m near the surface to 690 m. at the bottom. The depth of the basin is
uniform (4200 m) except between the "continent" and "Antarctica" where a 2500 m deep
sill is added. The time stepping procedure is asynchronous (Bryan, 1984), the momentum
equations have a time step of 40 minutes while tracers are advected with a time step of
one day. The Redi isopycnal diffusion scheme is used in all model runs, it allows for the
diffusion of tracers along three-dimensional isopycnal surfaces instead of the horizontal and
vertical directions. The Gent Mc-Williams scheme parameterizes the advective effect of the
geostrophic eddies with a "bolus velocity", which is added to the Eulerian-mean velocity
(Danabasoglu and McWilliams, 1995). A table summarizing the value of key model param-
eters is provided in Appendix A. By idealizing the domain geometry and restricting its size,
the objective was to allow an extensive exploration of the sensitivity of the circulation to
various surface forcing configurations.
The forcing fields are derived from the zonal average of the wind stress, sea surface
temperature and salinity, heat flux and net precipitation fields over the Atlantic basin (Jiang
et al., 1999; Levitus and T.P.Boyer, 1994a,b). The zonal mean sea surface temperature in
the North Atlantic was, however, lowered by a few degrees from observations in order to
maintain convection and the overturning. The heat flux and freshwater forcing fields are
adjusted to ensure zero net input of energy or mass into the system. The net precipitation
field (evaporation-precipitation) is imposed as a virtual salt flux.
The steady-state sea surface temperature, sea surface salinity, circulation and meridional
streamfunction are shown in Fig.2-2, 2-3 and 2-4. In these illustrations, the surface boundary
conditions were "mixed". The boundary condition on temperature combines the observed
zonally averaged heat flux with a term relaxing temperatures to the observed zonal mean
temperature on a sixty day time scale. The meridional overturning peaks in high latitudes
at a value of 11.5 Sv and the heat transported northward in the basin amounts to 0.7 PW,
nearly all transported by the meridional overturning circulation. Although the basin has a
width similar to the Atlantic, both the volume and heat transport are significantly smaller
than in alternate runs with more realistic geographic boundaries (see chapter 4 or Jiang
et al. (1999)). The reason for the reduction in overturning strength is likely to be related to
the zonally averaged nature of the boundary conditions imposed in the single basin model
which do not allow the locally intense cooling observed in the North Atlantic. The greater
longitudinal extent of the rectangular basin in high latitudes, when compared to a more
realistic geometry, also prevents the ocean's heat loss from being concentrated over a few
small regions.
As is often the case in similar models (Colin De Verdiere, 1988; Marotzke and Scott,
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Figure 2-2: State of the single basin model when forced with mixed boundary conditions:
Q = Qobs + As(T - Tobs), E - P - R = (E - P - R)b,,. The overline refers to the use of
forcing fields, averaged over the Atlantic basin. Left: Sea surface temperature in *C. Right:
Sea surface salinity.
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Figure 2-3: Circulation in the single basin model when forced with mixed boundary condi-
tions. Left: Flow at the surface. Right: Flow at 1400 m depth.
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Figure 2-4: Meridional overturning streamfunction, in Sv, in the single basin model, when
forced with mixed boundary conditions. The rectangular box encloses the area used as cost
function for some of the calculations.
1999), the actual downward mass transport signature of the MOC is taking place along the
eastern wall from 400 to 68' N, with peak downwelling velocity in the northeast corner.
The "convective mixing", which contributes to setting up the up- and downwelling patterns
that balance of the overturning, takes place in northwest corner in the basin's coldest
spot. The separation of the western boundary current from the coast near 500 N, which is
clearly visible in the surface velocity plot in Fig.2-3 plays an important role in isolating the
northwest corner and allowing it to cool while warming the northeast corner.
Convective mixing was kept in quotes above because the model ceases to become stat-
ically unstable anywhere in the domain after the first 500 years of the spinup integration.
While the neutral stratification is initially set up by convection in the northwest corner, the
mixing induced by the projection of the isopycnal diffusion onto the vertical in regions of
steeply sloping isopycnals is sufficient to keep the column's stratification homogeneous after
year 500. Since the Gent-McWilliams scheme caps the maximum slope of the isopycnals at
10--3, the projection onto the vertical can reach r - 10-3 = 1000. -10-3 = 1 m 2/s, which
is sufficient to homogenize a kilometer thick layer over ten days. This efficient adiabatic
diffusion effectively substitutes itself for convection and plays a similar role. For clarity, the
neutrally buoyant column in the northwest will still be referred to as the site of convection
in subsequent discussions.
2.5 Equilibration Process
By restricting the domain size to a single basin, the objective was to allow a clear determi-
nation of the time scales over which information propagates in the basin. By simplifying the
geometry, the goal was to identify how information propagates in the adjoint model. The
following sections illustrate the pathways and time scales over which the model equilibrates
and adjusts to perturbations.
2.5.1 Time Scales of Equilibration
The equilibration process can follow two basic paths. For parameters that are time invariant
such as the wind stress or the diapycnal mixing coefficient, the sensitivities can be inter-
preted as the equivalent of adding a small perturbation at one point or column, maintaining
this perturbation throughout the integration and calculating the sensitivity by dividing the
difference between the value of the cost function in the perturbed integration (Jpert) to the
unperturbed one (Jref) by the magnitude of the perturbation (e.g. Ar-x):
Jpert - Jref
These parametric sensitivities can be expected to asymptote to a constant value over
time scales sufficiently long to include all the processes likely to influence the cost function.
For time dependent variables such as temperature, the sensitivity to the initial condition
can be expected to asymptote towards zero with time as the model loses memory of the per-
turbation. If the model was chaotic, the initial value sensitivities would, however, initially
grow exponentially with time and cease to grow once the limit cycle is reached (Froyland
and Alfsen, 1984; Tanguay et al., 1995; Lea et al., 2000). The time taken to reach a steady
value should be similar for parametric and initial value sensitivities; it represents the time
needed by diffusion effects to erase any impact of a perturbation before it reaches the cost
function. Fig. 2-5 illustrates the difference between parametric (right) and initial value
(left) sensitivities, these figures are best analyzed with time going backwards from right to
left. The cost function is calculated by averaging the meridional streamfunction where it
reaches its maximum, between 4 = 60 and 680 N and and [1055 - 1785 m.], Al and A2 are
the longitudes at the western and eastern sides of the basin, zB is the depth of the basin
(see Fig.2-4 and the enclosed box):
fA2 ZE
V)(0, z) = r -cos(4) - v dz dA (2.12)
The sensitivity of the cost function, here the maximum intensity of the meridional
overturning streamfunction to a temperature perturbation imposed 800 years earlier at
2' N (bottom left) is zero; it is, however, 5.5 SvC-- if the perturbation is imposed 50 years
before the diagnostic is calculated. The equilibrium sensitivity to a constant wind stress
perturbation imposed at 18' N is (top right) 0.8 Sv N- m 2 . It is clear from these figures
that most of the information, which will be obtained with the adjoint model, is present after
approximately 400 years. This will, therefore, be the total integration time chosen for the
simulations described in later chapters. The "steady-state" sensitivity patterns are in fact
the patterns at year 400.
All four curves share a common shape with a primary (for the parametric sensitivities)
or secondary (for the initial value sensitivities) peak between years -200 and -100. Initial
value sensitivities obviously have their greatest value over much shorter time scales. The
timing of this secondary peak is linked to the latitude where the perturbation is imposed; it
appears later for locations further away from the diagnostic, in this case further South. This
indicates that this peak is related to two competing influences. Advection tends to increase
the radius over which perturbations can influence the cost function while diffusion tends to
reduce the magnitude of the perturbation for increasing distances from the diagnostic.
The exact value towards which the parametric sensitivities asymptote can take close to
400 years to equilibrate, the geographic maps or patterns of sensitivity are, however, set more
rapidly. These patterns then decrease in intensity but do not change shape. This "rapid"
equilibration time scale is on the order of ~ 200 years for most parameters, sometimes
more rapid when the surface boundary conditions includes a restoring term, which forces a
rapid loss of information. This indicates that the maximum radius, over which advective
processes are effective, is reached after 200 years.
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Figure 2-5: Time series of the sensitivity of the meridional overturning's maximum stream-
function 'IMAX to the initial surface temperature distribution MAaX in 0 (left) and to
the zonal wind stress field OIPMAX in NSv_7 (right) for points at different latitudes in the
model
Let= 18.0
2.5.2 Adjoint Kelvin Waves
Kelvin waves are one the fundamental processes, which carry perturbations around the basin
(Kawase, 1987). This has been noted in relation to the adjustment of the thermocline in
response to changes in deep water formation (Huang et al., 2000), as well as to explain how
changes in wind stress forcing over the Southern Oceans relate to changes in overturning
strength (McDermott, 1996). In both studies, coastal and equatorial Kelvin waves transport
the perturbation signal rapidly along the boundaries of the basin and along the equator.
The interior flow adjusts through the radiation of Rossby waves from the boundaries.
Theory
Equatorial Kelvin waves in a shallow framework obey the following equations:
Ut -g/x =0
qt +Hu, = 0 (2.13)
where u is the zonal velocity, q is the perturbation to the sea surface height and H is
the mean depth of the layer. This linear equatorial Kelvin wave operator can be written
succinctly as:
AO = 0 (2.14)
with i = and:
[a Ha
A at a aOx (2.15)
-9 Ax t
The derivation of the adjoint Kelvin wave operator requires the use of Green's generalized
theorem. The derivation of that theorem is drawn from Morse and Feshbach (1953). Gauss'
theorem states that the integral over the surface A of a vector is equal to the integral of
the divergence of that vector over the volume V enclosed by the surface A
U -dA = fffdiv Udv
Constructing vectors Ugrad V and Vgrad U from two "reasonable" scalar functions,
applying Gauss' theorem to both vectors and substracting one from the other yields:
f [Ugrad V - Vgrad U] -dA = J [UV2V _ VV2U] dv
A generalization of this equation in terms of an abstract operator A is:
uAv - vAu = V - P(u, v)
(2.16)
(2.17)
where P is a generalized vector and V is the corresponding gradient operator.
example, in Green's theorem:
For
uV 2 v - vV 2 u = V- (uVv - vVu)
A = V 2
P = uVv - vVu
Relation 2.17 is not satisfied by all operators A, generalizing it requires the use of the
adjoint operator A. Green's generalized theorem states that:
uAv - vAu = V - P(u, v) (2.18)
If the operator A satisfies AV) = 0, the adjoint operator satisfies the adjoint equation:
A4 = 0 (2.19)
The adjoint operator is derived by integrating the first part of equation 2.18 by parts:
JfuAv dx dt = f f u1 (vit + Hv2x) + U2 (-gvlx + v2t) dx dt =
f f (-V1u1t - V2U2t + 9V1U2x - Hv 2uIx) dx dt +
f [u1v 1 + U2v2 ]|bdx + f [Hu1V2 - gu 2v] ixb dt =
ff vI (-uit + gU2x) + v 2 (-Hu1x - U2t) dx dt + ... =
f f vAu dx dt + (2.20)
The adjoint equatorial Kelvin wave operator is:
9 19
A= at 4 (2.21)
-H 8 aL Ox ot J
which indeed satisfied Green's generalized theorem:
uAv - vAu =U1V1 + U2V2 = V. P(u, v) (2.22)
at aX Huiv2 - gu2V1
therefore satisfies the equatorial Kelvin wave equation with time and space reversed:
/(x, t) = 4'(-x, -t) (2.23)
The zonal velocity of the equatorial Kelvin wave is furthermore in balance with the
meridional pressure gradient on the equatorial beta plane:
077
yu =-g (2.24)
The adjoint operator implies that a reversal of space in the meridional direction is sufficient
to satisfy the equation: 4(y) = $(-y).
The general solution to the classic shallow water equatorial Kelvin wave problem is a
wave of the form:
77(x, y, t) = e 2 /4a2 F(x + ct) + e y 2 /4a2 G(x - ct) (2.25)
where a = c is the equatorial radius of deformation, c = V9H is the phase speed of the
wave. The solution, which decays exponentially away from the equator in the meridional
direction, is an eastward propagating wave:
ii(x, y, t) = e-y 2 /4a2 G(x - ct) (2.26)
The adjoint equatorial Kelvin wave has the general form:
i4(x, y, t) = y(-x, -y, -t) = e--y 2 /4a 2 F(-x - ct) + ey 2 /4a2 G(-x + ct) (2.27)
Retaining only the component that decays away from the equator, the solution represents
a wave, which also propagates from West to East. However, it makes little sense to analyze
these adjoint waves with time going in the normal "forward" direction since this would be
tantamount to observing a wave that is moving toward the impulse that causes it and not
away from the it. It would furthermore represent a wave moving towards an impulse that
will take place later in time, as shown on the left-hand side in Fig.2-6. The model results
are therefore more intuitive when analyzed with time reversed (r1(-x, -y, t)). The wave
then propagates away from the impulse that causes it, as shown on the right-hand side of
Fig.2-6. In that case, the adjoint equatorial Kelvin wave can be expected to propagate from
East to West.
i (x, y, -t) = 7r(-x, -y, t) = e_, 2 /4a2 F(-x + ct) (2.28)
Time going forward Time reversed
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Figure 2-6: Illustration of the adjoint model's response to a perturbation source. Left: time
runs in the normal "forward" direction and the wave propagates towards the source that
causes it. Right: with time reversed, the wave propagates away from the source.
A similar analysis of the mathematics of adjoint coastal Kelvin waves indicates that,
when viewed with time going backwards, they can be anticipated to propagate with the
boundary to their left in the Northern hemisphere and to their right in the Southern hemi-
sphere.
Model Results
The example chosen to illustrate the dynamics of adjoint boundary Kelvin waves, in Fig.2-7,
is the sensitivity of the sea surface temperature at 580 N along the eastern boundary to the
forcing by a perturbation in the zonal flow t - N months earlier at any point in the basin.
Many other dynamical variables could have been chosen in place of T and u.
h
Sen.itity of ST 0 Eastern Wall, 58 N to perturbations In U - 8 months earlier
1: 25-m. (NN = -6.1000 A MAX = 1.9e00)
60N -f
40N ---
Sensitivity of SST 0 Eastern Wall,
1: 25 m. (MIN
80N
40N --
20 
-2.70 -225 -1.00 -1.36 -0.90 -0.45 0.00 0.45 0.90 1.35 1.80 225 2.70
"C m-s
-2.70 -2.25 -1.80 -1.36 -0.90 -045 0.00 0.46 0.90 1.36 1.00 2.25 2.70
Figure 2-7: Sensitivity of the sea surface temperature at 580 N along the eastern boundary
to a perturbation in the zonal velocity imposed 8 (left), respectively 12 (right) months
earlier: 2 in 'C m- s. Note that both figures are plotted on the same scale.
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After eight months, the pattern begins to show an adjoint boundary Kelvin wave prop-
agating southward from 580 N along the eastern boundary. This implies that a velocity
perturbation added along the eastern wall at 40' N would induce a boundary Kelvin wave
which, eight months later, would influence the temperature at the site of diagnosis of the
cost function. For R~-1*'C m-1 s, the impact of a Au = 0.01 m s- 1 perturbation would
be a AT = 0.01*C change in temperature. While Kelvin waves propagate indeed with the
boundary on their right in the northern hemisphere, adjoint Kelvin waves propagate with
the boundary on their left when viewed with time reversed. The adjoint boundary Kelvin
wave takes approximately one year to reach the equator; its phase velocity can thus be
estimated as 125onths 0.20 ms-1 .
The second example, Fig.2-8, illustrates the dynamics and vertical structure of adjoint
equatorial Kelvin waves. It shows the response of the sea surface temperature in the eastern
equatorial region to perturbations in the zonal velocity.
The wave crosses the basin from east to west in a little less than one year. Given that
the basin is 60' wide, its phase speed can be estimated at 0.2ms-1, which is slower than
the first baroclinic mode in the world's ocean, which travels at an estimated 2.8 ms- 1 (Gill,
1982). This slow phase speed is not due to the model's coarse resolution, since the C-grid
that is used does not distort the phase speed of Kelvin waves (Davey et al., 1983). The
propagation speed of equatorial Kelvin waves is reduced by a factor because of the
asynchronous time stepping used to accelerate the model's convergence (Bryan, 1984). a is
the model's "time stretching" factor, or the ratio between the tracer and momentum time
steps: a = -36. The effective velocity of the Kelvin wave in an equivalent model with
synchronous time stepping should therefore be six times larger, or approximately 1.2 ms- 1,
closer to observations yet still too slow.
The comparison between the top and bottom rows in Fig.2-8 shows a reversal in the sign
of the sensitivity, this change takes place between 765 m and 2225 m depth. This indicates
that we are in the presence of the first baroclinic mode of the wave, and not the barotropic
mode. The latter mode propagates faster (c ~ 200 ms- 1 in the ocean, (Gill, 1982)), decays
more rapidly and is also weaker than the first baroclinic mode. The slower, higher order
modes are quite certainly also present. They are, however, difficult to identify because of
the additional structure in the flow field, which stems from the reflection of the baroclinic
mode at the western boundary. The cost function is much more sensitive to the adjoint
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Figure 2-8: Sensitivity of the sea surface temperature at 2* N along the eastern boundary to
a perturbation in the zonal velocity imposed 4 (left), respectively 8 (middle) and 12 (right)
months earlier: 1 in *C m--1 s. Top panels: sensitivity to perturbations added at 765 m
depth. Bottom panels: sensitivity to perturbations imposed at 2225 m depth. Note that
the scale is different on each plot.
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equatorial Kelvin wave than it was to the boundary wave. This sensitivity does, however,
decay rapidly with time and depth. The wavelength of the adjoint equatorial Kelvin wave
can be estimated at around 2000 km.
After impinging on the western boundary, the adjoint Kelvin wave will be reflected east-
ward as an adjoint Rossby wave, and refracted north- and southward as adjoint boundary
Kelvin waves.
2.5.3 Adjoint Rossby Waves
The mathematics of adjoint Rossby waves can be analyzed with the same method used for
adjoint Kelvin waves. The baroclinic Rossby wave for a fluid with constant stratification
can be written as:
Otxxp + OtyyP+fN2 Otzz + 3 'pp = 0 (2.29)
is the stratification parameterThe adjoint operator is:
A f2 (2.30)= -atxx - '9tyy N 2 tzz - Bax (.0
If p(x, y, z, t) is a solution of the barotropic Rossby wave equation, p(x, y, z, t) = p(-x, y, -z, -t)
will satisfy the adjoint barotropic Rossby wave. It is interesting to point out that Rossby
waves are invariant to a change in meridional direction, but not to changes in the zonal
direction and in time. For reasons already mentioned, the evolution of these waves is more
sensible when observed with time reversed. Figure 2-9 shows the eastward propagation
of an equatorially trapped Rossby wave. This represents the sensitivity of the sea surface
temperature along the western boundary at the equator to a zonal flow perturbation.
The speed of propagation of the first baroclinic mode of the equatorially trapped Rossby
wave should be a third of speed of the equivalent mode of the Kelvin wave (Gill, 1982). It
takes the adjoint Rossby wave three to four years to cross the basin, giving it a phase speed
of 0.05 ms- 1. It is again clearly the first baroclinic component of the wave, the barotropic
mode propagates much more rapidly. Imposing Green's function perturbations to the flow
field, Stammer and Wunsch (1996) observed that the barotropic Rossby wave field took less
than 50 days to decay.
The sensitivity of the sea surface temperature to adjoint Rossby waves is substantially
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Figure 2-9: Sensitivity of the sea surface temperature at 2* N along the western boundary
to a perturbation in the zonal velocity imposed 2 (left), respectively 3 (middle) and 4
(right) years earlier: 2 in Cm--1 s. Top panels: sensitivity to perturbations at 525 m
depth. Bottom panels: sensitivity to perturbations at 2225 m depth. Note that the scale is
different on each plot.
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smaller than it was to the adjoint equatorial Kelvin waves, primarily because the wave is
slower to take shape. The wavelength of the adjoint equatorially trapped Rossby wave is
close to the size of the basin, - 6600 km.
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Figure 2-10: Sensitivity of the sea surface at 340 N, 120 East of the western boundary, to a
perturbation in the zonal velocity imposed 12 (left), respectively 18 (right) months earlier:
in 'C m s at 200 m depth. Note that both plots are on the same scale.
Figure 2-10 gives an indication of the structure of the adjoint mid-latitude Rossby waves,
which play a large role in the equilibration of the flow (see for example (Huang et al.,
2000)). The plots show the sensitivity of the sea surface temperature at 340 N, 12' east
of the western boundary, to the zonal velocity. The wave train is propagating primarily in
the eastward direction, this could have been anticipated since planetary waves propagate
primarily westward in mid-latitudes (Stammer and Wunsch, 1996). This implies that the
interior flow in the adjoint model equilibrates, in the northern hemisphere, through the
radiation of planetary waves from the western boundary. In the forward model, the interior
responds to the radiation of waves from the eastern boundary. Westward propagating
Rossby waves also exist, and could be observed more clearly in a larger basin with a higher
resolution model.
4 a 10 12 4 a 10 12
2.5.4 Summary of the Role of Waves in the Equilibration Process
The step by step evolution of the equilibration process is shown in Fig. 2-11 for the re-
sponse of the maximum meridional streamfunction @MAX to a mechanic perturbation by
the zonal wind stress forcing. Each plot refers to the effect on the overturning at time t of
a perturbation applied at time t-N. The cost function is, again, calculated by averaging the
meridional streamfunction where it reaches its maximum, between # = 60 and 680 N and
and [1055 - 1785 m.].
These sensitivity patterns will be slightly different from those described above. Unlike
the velocity field which is re-calculated at every time step, the wind stress is a constant
forcing field. The sensitivity patterns are therefore showing the cumulative impact of per-
turbations in the wind stress, applied and maintained throughout the integration from time
t - N to time t when the cost function is calculated. This explains the absence of any wave-
length signature in the adjoint Kelvin and Rossby waves, which display the overall effect of
the passage of the wave. The absence of wavelength signature gives a clearer picture of the
wave reflection and refraction processes.
" t - {1 month - 1 year}
The band of high sensitivities is located directly over the latitudes where the cost
function is calculated [60 - 68* N]. The sign is such that a westerly wind perturbation
induces a southward Ekman transport, which is compensated at depth by a northward
geostrophic return flow. This induced cell opposes the overturning streamfunction,
and would thus tend to locally weaken it.
The adjoint boundary Kelvin wave propagates along the eastern boundary, taking
approximately one year to reach the equator.
" t - {1-5 years}
The adjoint equatorial Kelvin wave reaches the western equatorial boundary after
about two years, at which point it is reflected and refracted in three directions: as
adjoint boundary Kelvin waves that propagate toward the poles in both hemispheres
and as an adjoint equatorial Rossby wave.
As suggested by McDermott (1996) the Kelvin waves, which advance by depressing
isopycnals ahead of their route, most likely get halted in their journey around the
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Figure 2-11: Sensitivity of the meridional overturning streamfunction maximum I/MAX to
the zonal wind stress forcing: Og^X in Sv N- 1 m2 for 6 months, 1.5 years, 2 years, 3 years,
5 years and 100 years. All plots are on the same scale except for the last one which is on a
scale four times larger.
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basin at the neutrally buoyant column in the northwest corner where the isopycnals
are near vertical. At year 5, a perturbation can be observed in the northwest corner as
the wave locks on to the site of convection and perturbs it. Meanwhile, the boundary
waves have communicated information as far south as the Antarctic Circumpolar
Channel. The adjoint Rossby wave reaches the eastern equatorial boundary at year
5.
" t - {5-50 years}
Beyond five years, the sensitivity pattern begins to show added complications as the
adjoint equatorial Rossby wave is again reflected and refracted and the circulation in
the interior is established by the radiation of planetary waves from the boundaries
(Huang et al., 2000; McDermott, 1996). It is also over those time scales that adjoint
advection begins to play an important role.
" t - {50-800 years}
The patterns, which are observed in steady-state, begin to emerge after 50-100 years:
a band of high equatorial sensitivities surrounded by two bands of opposite polarity in
the tropics. This time scale suggests that, beyond wave motions, advection also plays
an important role in determining the sensitivity of the ocean to the surface forcing.
It is also after approximately one hundred years that peak sensitivities are reached.
Beyond 100 years, diffusion as well advection both play important roles. The final
pattern (shown in Fig. 3-19) is set after about 400 years.
2.5.5 Adjoint Advection
Theory
The advection operator can only be considered linear for a passive tracer. The advection
and adjoint advection operators are respectively:
A =9-+U-+Va+W- = -(2.31)
49 a a a d
A = -- u- - -W- -(2.32)at ax ay oz di
The adjoint advection of a tracer, for example temperature, in a constant velocity field
with no temperature sources or sinks (AT = 0), is AT = 0. T satisfies the tracer advection
equation with time and space reversed: T(x, y, z, t) = T(-x, -y, -z, -t). In a Lagrangian
sense, information is advected backwards in time.
Model Results
The patterns of sensitivity of the maximum value of the meridional streamfunction to the
wind stress forcing have provided an interesting picture of the ways in which mechanically
induced perturbations travel around the basin. The advective pathways are best observed
when a perturbation in the buoyancy field is imposed. The example shown in Fig. 2-12
is a time series of the sensitivity of the streamfunction maximum to the heat flux forcing
field. The model is forced at the surface with constant heat and freshwater fluxes. The
boundary condition imposed on the surface temperature may be less "realistic" than a mixed
boundary condition, which includes a term restoring the sea surface temperature towards
observations on a relatively short time scale. This example was, however, chosen as a good
illustration of the advective pathways in the adjoint model. Other buoyancy perturbations,
such as changes in the net precipitation field have a similar impact. The explanation of
the physical mechanisms that drive the development of these patterns, will be delayed until
chapter 3. The focus is here entirely on the pathways used by the perturbations use to
influence the cost function.
9 t - {1 month - 1 year}: On short time scales, the mechanisms that can influence
the overturning are convection, or alternatively strong vertical mixing, rapid vertical
advection and the response at depth to a surface perturbation. The slope of the isopy-
cnals is capped by the Gent-McWilliams scheme (Danabasoglu and McWilliams, 1995)
at 10-3, the projection of the isopycnal mixing (ri = 103 m 2 S- 1) onto the vertical can
therefore reach 1 m2 S1 near the northwest corner. This is sufficient to communicate
information from the surface to the depth where the cost function is calculated in ap-
proximately two weeks. This is the mechanism, which substitutes itself for convection,
responsible for conveying information downwards on the western boundary. Along the
eastern boundary, the vertical advection is sufficiently strong to communicate a per-
turbation to 1000 m in just about one year. Elsewhere, the sensitivity is most likely
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related to the effect of a surface thermal, or equivalently vorticity perturbation. For a
perturbation of 400 km radius and an average stratification N - 10--38-1, the Rossby
depth or scale over which the perturbation will decay, is close to 4 km. This means
that a surface perturbation can influence the circulation at the depth at which the
cost function is diagnosed. This explains the generally positive, yet weak, sensitivity
observed over short time scales between 60 and 680 N.
" t - {1-10 years}: The source of the positive sensitivity spreads eastward along the
northern wall and southward along the western boundary. This is, in both cases,
due to adjoint advection by the sum of Eulerian velocity and eddy-induced bolus
transport, which is an eastward flow directed away from the site of convection. Note
that without the bolus transport, the adjoint advection would be westward along the
northern boundary, and advection would be ruled out as the mechanism responsible
for the sensitivity pattern. By year 10, the signal reaches the northern extent of the
subtropical gyre, and is rapidly advected southward by the adjoint western boundary
current. The pattern also shows the role played by the recirculation of water along
the northern boundary of the subtropical gyre. Along the eastern boundary, the
negative sensitivities extend to 350 N and westward from there, again in agreement
with advection by the flow field.
" t - {10-20 years}: By year 20, the northern boundary of the subtropical gyre in the
northern hemisphere and the equatorial boundary are clearly outlined. One can also
notice that signals from the southern hemisphere are first communicated northward
through an eastern equatorial passage. After catching on to the western boundary
current, the signal travels around the subtropical gyre down to the Equator in approx-
imately 10 years, which translates into what is the observed average flow velocity of
3 - 4 cm s--1. The negative signal is meanwhile also clearly being advected westward
by the strong adjoint East to West current in that region. The zero contour separates
the water that is advected towards the northern part of the basin from that which
reaches the eastern boundary directly.
" t - {20-400 years}: The signal begins to spread in the southern hemisphere after
approximately 20 years, by year 100 it has filled the basin. Most of the features of
the steady-state pattern of sensitivity are set after one hundred years.
2.5.6 Adjoint Diffusion
The diffusion operator in cartesian space is A-= - + i( + +=5d. The adjoint
operator, which satisfies Green's theorem (see equation 2.33) is A= + ia2 + 92+
a2
K'd =OZ
(uV) 0(uv - vuX) 0(uv-VUY) 0(uVz - vuz)
uAv -vAu+= +i+i+=V uOt +x 9y 9z
(2.33)
Note that the ocean model calculates diffusion along and across isopycnals, not in the
vertical and horizontal directions.
Diffusion is invariant against a change in spatial direction, but not against a change in
the sense of time: @/(x, y, z, t) = /(x, y, z, -t). Diffusion plays a crucial role in determining
the equilibrated state of the ocean model. It is, however, also the slowest of the important
dynamical processes. Because of the presence of waves and advection, it is difficult to isolate
and illustrate its effects in the adjoint model because the more.
2.6 Summary and Discussion
An attempt is made, in Fig. 2-13, to summarize the pathways over which information
propagates away from the cost function in the adjoint model. These processes are numbered
by the order in which they appear. The effect of a dynamic perturbation is shown on the
left, that of a buoyancy perturbation on the right. This is an idealization, dynamic and
kinematic effects cannot be separated quite as clearly.
Adjoint Kelvin waves take approximately three years to go around the basin in the
northern hemisphere or to reach the Antarctic circumpolar channel in the southern hemi-
sphere. This phase velocity is at least six times slower than what would be obtained in a
model with synchronous time stepping. The waves in the northern hemisphere are stopped
in their progress around the basin by the neutral stratification at the site of convection.
Adjoint Rossby waves are slower by a factor of three or four, and so take a number of years
to equilibrate the interior portion of the circulation. Adjoint advection is still slower, it
takes twenty years for a perturbation in the subtropical gyre to be advected to the northern
part of the basin, and over half a century for the southern hemisphere to have any influence.
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Figure 2-13: Illustration of the pathways over which information is communicated around
the basin in the adjoint model. Left: Sensitivity to a mechanical perturbation. Right:
Sensitivity to a buoyancy perturbation.
Adjoint diffusion is slowest, and difficult to observe.
The steady-state patterns, which will be described in chapters 3 and 5, take approxi-
mately 400 years to equilibrate and are the product of all the physical mechanisms described
above.
This analysis has shown that the adjoint model behaves in a reasonable way over a
number of time scales. It reproduces the physical behavior, which was anticipated from the
mathematical analysis of simplified systems. It also shows quite clearly how perturbations
can have an impact on a given cost function over a range of time scales.
The sensitivity patterns obtained with the adjoint model outline clearly what regions
can have an influence on the meridional overturning circulation on short time scales. For
example, inter-annual variability in the wind stress in coastal and equatorial regions is
more likely to influence the overturning than the variability in the interior of the basin.
Similarly, the influence of changes in the buoyancy forcing in the southern hemisphere on the
overturning will take several decades to be felt. For time scales up to a decade, the influence
of perturbations in heat and freshwater fluxes is confined to the polar region. The region
of influence extends to include the northern hemisphere subtropical gyre over the second
decade. Equivalent patterns would have been very difficult to generate with traditional
perturbation methods. The model was discretized on a 20 x 40 = 800 point grid in this
single basin experiment. Imposing a perturbation in the freshwater flux at each point would
have required 800 "forward" perturbation experiments. The efficiency of the adjoint method
is even more evident when considering the number of perturbation experiments required to
reproduce the sensitivity to the zonal velocity field: 20 x 40 x 15 = 12000. Furthermore, the
adjoint model calculates the sensitivity to all initial conditions and parameters in a single
integration, there is no need to run separate experiments to obtain the sensitivity to, for
example, wind stress and velocity.
Chapter 3
Adjoint Sensitivities and Surface
Forcing
3.1 Introduction
The objective of this chapter is to use a single basin model to explore the influence of the
surface boundary conditions on the sensitivity fields obtained with the adjoint model. The
first set of simulations neglects wind stress forcing and includes only buoyancy as the direct
forcing of the thermodynamic fields. The changes induced when wind stress is included will
be analyzed in the second series of calculations. The role played by the formulation of the
surface buoyancy forcing, from restoring the sea surface temperature and salinity toward
observations to imposing fixed heat and freshwater fluxes will be examined third. The
objective of the analysis will, in all cases, be the sensitivity of the meridional overturning
streamfunction, diagnosed where it reaches its maximum, to the relaxation sea surface
temperature or salinity, or alternatively the heat and freshwater fluxes. To obtain a more
complete picture of the relevant physical mechanisms, this analysis will be complemented by
examining the sensitivity of the overturning's strength to the zonal wind stress and to iso-
and diapycnal mixing, and to the thickness diffusion parameter of the Gent Mc-Williams
scheme.
The forward model and the construction of its adjoint were described in chapter 2.
Changes in circulation from the reference case obtained under mixed boundary conditions
and shown in Fig.2-2, 2-3, 2-4 will be noted in the preamble to each section.
3.2 Diagnostic Analysis using Green's Functions
Diagnostic analyses were performed by choosing the points that exhibited the largest or
most interesting sensitivities, and perturbing the relevant parameter at those points. The
Green's function G(xlxo) is the field at the observer's point x caused by a unit point source
at the source point xo. The Green's function for an abstract operator A is:
AG(xlxo) = -41r6(x - xo) (3.1)
The corresponding Green's function for the adjoint operator is:
AG(xlxo) = -47r6(x - xo) (3.2)
The two Green's functions are directly related:
G(xlxo) = G(xolx) (3.3)
The left-hand side describes the effect at location x of a point source at x0 , the propa-
gation from x to x0 being governed by the operator A. On the right-hand side, the source
is at x and the effect is measured at x0 , the propagation is governed by the adjoint operator
A. In other words, the effect of point source on a diagnostic calculated with the forward
model is, in theory, the same as the sensitivity at that location calculated with the adjoint
model.
The use of this traditional Green's function approach has three advantages:
" It allows one to observe the details effects of a perturbation on all model variables.
" Provided that the direct perturbation is small, it allows a verification of the accuracy
of the sensitivities derived with the adjoint method.
" If both adjoint and finite difference sensitivities are equivalent for a small finite pertur-
bation, the limits of the linearity assumption, which underlies the construction of the
adjoint code, can be tested by increasing the perturbation until the finite difference
sensitivity is no longer accurate. This avenue was, however, not extensively pursued.
The accuracy of the adjoint model was estimated by comparing adjoint and finite differ-
ent sensitivities. For a 400 year integration of the single basin model, the difference between
the two methods, using 1% or 10% perturbations in the parameter value was on average
2.6% and never worse than 8.2%. The distribution of the percentage difference between the
finite difference estimation and the adjoint sensitivity is shown in Fig.3-1.
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Figure 3-1: Distribution of the difference between the finite difference
estimate of the sensitivity for 22 randomly sampled points and variables.
and the adjoint
Because of its coarse resolution, this model does not contain any of the obviously non-
linear processes such as eddy formation, shedding and re-absorption, which would limit the
time scale over which the adjoint sensitivity would remain accurate. All remaining non-
linear processes, notably advection and convection, appear easily linearized in this particular
framework.
3.3 Adjoint Sensitivities under Pure Buoyancy Forcing
The first set of simulations relied on buoyancy alone to drive the overturning, the wind
stress was set to zero. Both the sea surface temperature and the sea surface salinity were
relaxed towards climatological values (Levitus and T.P.Boyer, 1994a,b) on a sixty day time
scale.
BCT = AT (T - obs)
BCs = As (S - Sobs)
where AT = As = 6o days' Tob8 and Sobs are zonally averaged observed sea surface temper-
atures and salinities.
3.3.1 Circulation
The flow exhibits many features that are qualitatively more symmetric with respect to the
equator than the circulation when wind is included. A strong surface western boundary
current exists in both hemispheres. Because of the absence of wind, these currents extend
to the northern boundary in the northern hemisphere and to the northern limit of the
circumpolar channel in the southern hemisphere. The flow then converges to two primary
areas of downwelling: the northeast corner and the southernmost point along the eastern
boundary. While the former point is the source of the abyssal waters of the basin and the
southwestward return flow takes place below 1500 m, the latter is the source of a shallow
overturning cell, which returns towards the western boundary no deeper than 500 - 700 m.
The 3 Sv of northern hemisphere deep water that penetrate into the southern hemisphere
are forced to upwell underneath this shallow cell and return to the surface north of the
equator. This flow pattern is overall quite similar to what was obtained by Klinger and
Marotzke (1999) and Marotzke and Klinger (2000) in double hemisphere studies of the
buoyancy driven circulation with no open channel.
The maximum intensity of the meridional streamfunction is 10.5 Sv, close to what was
obtained when the wind stress is turned on (11.5 Sv).
3.3.2 Cost Function
The cost function is the average value of the meridional overturning streamfunction, calcu-
lated over six points between # = 60 - 640 N and 1055 - 1785 m where it peaks (ZB is the
depth of the basin, A is longitude):
fA2f ZB
(#,) = r .-cos(#)v J dzdA (3.4)
?IMAX = V;(60 - 640 N; 1055 - 1785 m) (3.5)
Under relaxation boundary conditions, the sensitivity of the cost function, J, to the
surface boundary conditions can be estimated from the following equations:
__J _ J 0To OJ DTobS _ 8OJ OJ
OBOT &ToaBT.+ Oi - T TO A a Ts)(3.6)8BCT 8To i8BCT fobs i8BCT (8To 8T-fobs)
__J /J 8J
=A a 1(3.7)dBCs (S OSbSobs
These equations contain two terms. The first is the sensitivity to the initial value of the
sea surface temperature or salinity, a term that will naturally decay over the course of the
integration as information about the initial state becomes less and less relevant. The second
term is the parametric sensitivity to the restoring sea surface temperature and salinity. This
term asymptotes to a constant value over time and will rapidly dominate the sensitivity
pattern.
The other parameters, which will be examined, are the dia- and isopycnal mixing co-
efficients and the thickness diffusion. These parameters are three-dimensional arrays with
the same value at every point ('d = 3 - 10~ 5 m2 8- 1 ; r-i; std = 1000 m 2 s- 1). This allows
a determination of the response of the cost function to a perturbation in these parameters
at any point in the model. The linearization provided by the adjoint model allows a rep-
resentation of the sensitivity as a two-dimensional map, latitude vs. longitude, by simply
adding the sensitivities in the vertical direction. The response to a global perturbation in
the mixing coefficient can be estimated by adding the sensitivities in all three directions.
3.3.3 Diapycnal Mixing
Figure 3-2 shows the two-dimensional pattern of sensitivity to diapycnal mixing, it rep-
resents the response of a perturbation applied throughout each individual water column.
Three regions play an important role: the eastern and western boundaries and the tropics.
Tropical Dynamics
The pattern in Fig.3-2 shows clearly that the sensitivity of the overturning to mixing in-
creases from the poles towards the tropics and peaks at 6 - 10' N. The only region of
negative sensitivity is found north of 60' N.
Scott and Marotzke (2001) anticipated this result and explain it in terms of an advective-
diffusive balance (equation 3.8); the energy supplied to mixing allows to return to the surface
the abyssal waters formed in the northern part of the basin.
Wp --- =a-a (3.8)09z' oz' oz'
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Figure 3-2: Sensitivity of the maximum value of the streamfunction g'MAX to the diapy-
cnal mixing: '9 MAX in Sv m- 2 s; Relaxation boundary conditions, no wind. This figure
represents the response of a perturbation applied throughout each water column.
z' is the direction perpendicular to the surfaces of constant density. In the tropics, this is
very nearly the vertical direction.
The vertical temperature gradient is everywhere positive (temperatures increase up-
wards) and the diapycnal mixing coefficient is constant in the vertical direction. This leaves
only two possible scenarios: the downward mixing of heat (Tzz > 0) must be balanced by
upward motion (w -Tz > 0) and the upward mixing of heat (Tzz < 0) by downward motion
(w - Tz < 0). One can a priori expect the sensitivity to diapycnal mixing to be positive
where it induces upward motion and negative where it induces downward motion. Scaling
the advection-diffusion equation yields an upwelling velocity proportional to the diapycnal
mixing and inversely proportional to the thermocline depth 6, (W oc '). Diapycnal mixing
is most efficient in the tropics because of the greater stratification in that region and the
greater amount of heat, which diffuses into the thermocline. There is no ventilated ther-
mocline in this setup but only a vertical structure where advection and diffusion largely
balance one another, at least in the interior (Fig.3-3).
Without wind forcing, upwelling takes place in the entire tropical region, with only a
narrow region of downwelling near the surface driven by mass convergence along the equator.
This allows each point in a broad region from 100 S to 20' N to have an almost equally large
impact on the overturning. The maximum sensitivity is found in a band at 100 N where the
relaxation temperatures, and hence the surface temperatures, are the warmest. The eastern
half of the basin exhibits greater sensitivities because vertical advection balances a larger
fraction of the local heat gain by the ocean, horizontal heat advection is more important in
the western half of the basin.
The depth dependency of the sensitivity pattern, shown for a sample column at 140 N
in the middle of the basin (right-hand panel in figure 3-3), indicates that the overturning
will respond most vigorously to perturbations applied between 200 and 500 m depth. An
analysis of the vertical heat budget, the left-hand panel of the same figure, confirms that the
maximum diffusive heat flux is taking place at the depths where the--maximum sensitivities
are observed. Two- to three hundred meters is the depth where the transition between the
relatively uniform near-surface temperature gradients and the very small abyssal gradients
takes place.
The magnitude of the perturbation in the overturning, which could be induced by per-
turbing the diapycnal mixing over the equatorial and tropical regions, can easily be esti-
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Figure 3-3: Left: Vertical profile of the heat budget at 14' N in the the middle of the basin,
all curves are in C m-1 s. The blue line represents vertical heat advection: wTz; the red
line represents diapycnal heat diffusion: ~ rdTzz;the light blue line represents isopycnal heat
diffusion: ~ ni(Txx + Tyy) the pink and green lines represents respectively heat advection
in the x- and y- directions: uTx, vTy; Right Vertical profile of the sensitivity to diapycnal
iixing aMAX in -2 s at 140 N in the middle of the basin. Both plots represent the
flow under relaxation boundary conditions with no wind forcing.
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For a perturbation of 10% of the value of the mixing coefficient, And = 3 -10-6 m 2 S- 1, the
impact on the overturning is AbMAX = 0.16 Sv. If the mixing was doubled, the overturning
would increase by 1.6 Sv due to that region alone. This may, however, be stretching the
limits of the linearization, which underlies the adjoint model.
Eastern Boundary Dynamics
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Figure 3-4: Left: North-South cross-section along the eastern wall of the vertical velocity,
in 10-6 m s-1 Right: North-South cross-section along the eastern wall of the sensitivity
to diapycnal mixing a^AX ) in Sv m- 2 s. Both plots were calculated under relaxation
boundary conditions with no wind forcing
The source of the sensitivity to diapycnal mixing along the eastern boundary, shown
in the right panel in Fig.3-4, follows the boundary between the "subduction zone" and
the upwelling which lies beneath it (left-hand panel). This is where comparatively large
temperature gradients and curvatures are created. This process is most efficient between
450 N and 60* N where large vertical velocities are observed. Vertical diffusion peaks just
below the depth of the zero-crossing of the vertical velocity, it balances part of the upward
advection below this region. A similar process can be observed along the downwelling region
in the southern hemisphere.
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Above this subduction zone lies an area of small negative sensitivities where the vertical
heat flux is divergent (Tzz < 0). This process is, however, minor compared to the dom-
inant balance between the advection of the zonal and vertical temperature gradients and
horizontal diffusion:
uTX + wTz ~ ni (TXX + Tyy)
The role played by the eastern boundary in determining the intensity of the meridional
overturning was outlined by Scott and Marotzke (2001): downward diffusion of heat along
the eastern wall increases the zonal temperature gradient, which in thermal wind balance
equilibrates with a northward flow at the surface and a deep southward return flow.
The results obtained with the adjoint model suggest that the role of mixing in setting
the East-West temperature contrast is limited to the region located at the base of the ther-
mocline. The strength of the vertical shear in the North-South flow may also be determined
by the quasi-adiabatic warming of the eastern boundary associated with downwelling.
The impact of a 10% increase in nd along the eastern boundary on the meridional
overturning would be on the order of +0.02 Sv. This is significantly smaller than what was
estimated in the tropics, simply because the area of high sensitivities is smaller.
Observations do, however, suggest that mixing may be greatly enhanced along bound-
aries when compared to the global average (Ledwell and Hickey, 1995; Ledwell and Bratkovich,
1995). This forms the basis for the boundary mixing hypothesis (Marotzke, 1997), which
would justify choosing a larger perturbation And in that region. This issue will be addressed
more thoroughly in a more realistic setting (chapter 5).
Western Boundary Dynamics
The contrast between the warm waters, which are advected northward by the western
boundary current, and the upwelling of cold water leads to large vertical temperature and
density gradients. The shallow thermocline increases the efficiency of the diapycnal mixing
of heat in that region. Note that the heat budget along the western boundary is by no
means in vertical advective-diffusive balance, it is largely a balance between northward and
vertical heat advection: vTy ~ -wTz, with the diabatic terms playing a smaller, yet not
insignificant role (not shown).
The sensitivity of the overturning to diapycnal mixing along the western boundary,
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Figure 3-5: Left: North-South cross-section along the eastern wall of the vertical gradient of
the vertical temperature gradient (Tzz), in *Cm-2. Right: North-South cross-section along
the western wall of the sensitivity to diapycnal mixing (fUX) in Sv m- 2 s. Both plots
were calculated under relaxation boundary conditions with no wind forcing
right-hand panel in Fig. 3-5, is significant down to a depth of 500 m, which corresponds
to the base of the thermocline, but positive throughout the water column. A localized
increase in diapycnal mixing induces upward motion and cooling throughout the depth of the
water column below the level of the perturbation. This upwelling is partially compensated
locally, but a substantial fraction is compensated by increased downwelling along the eastern
boundary. Much of the associated mass transport is in the zonal direction, but a small
fraction projects onto the meridional plane and contributes to enhancing the overturning.
This meridional transport is also a necessary consequence of the warming associated with
enhanced downwelling along the eastern boundary and cooling associated with upwelling
along the western boundary. The increase in the zonal temperature gradient must, namely,
be compensated by an increase in the meridional shear of the flow.
A localized maximum in sensitivity can be observed at 600 N along the western bound-
ary. This is a very shallow process driven by a local surface temperature inversion. This
inversion allows the upward advection of colder water to be balanced by upward heat dif-
fusion This feature is not observed in most of the other simulations and is not deemed
important.
Polar Dynamics
Diapycnal mixing is not seen as playing a large role in the polar regions under relaxation
boundary conditions. This is a logical consequence of the small stratification in that region
and of the fact that convection is a much more efficient way of mixing a vertical water
column than diapycnal mixing. It is quite clear from Fig.3-5 that the definition of the cost
function over the 60 - 640 N latitude band has locally a large impact on the sensitivities,
which would not be robust to a different definition of the diagnostic.
Small negative sensitivities are generated at the depth where the water exits the down-
welling region of the Northeast to form a westward current along the northern boundary.
This current then feeds into the northerly deep western boundary current. It is plausible
that this cold current could be weakened by increased diapycnal mixing by increasing the
mass loss out of the current (n'Tzz = &'Tz - ndTzz). It is, however, difficult to imagine how
this could be an important process overall since the stratification is small in high latitudes.
3.3.4 Isopycnal Mixing and Thickness Diffusion
In the version of the MIT OGCM that was used for this project, the same parameter repre-
sents both isopycnal mixing and the thickness diffusion and its associated tracer transport.
The Redi scheme diffuses tracers, temperature and salinity (here referred to generically
as r), along isopycnals (Adcroft and Hill, 2000):
V -dKRediVT (3.9)
This term is added to the tracer tendency equation. nd is the diffusivity in the along
isopycnal direction. KRedi is a tensor, which projects the gradient of r onto the isopycnal
surface.
The thickness diffusion ('td) is used, in the Gent Mc-Williams scheme, to parameterize
the role played by geostrophic eddies in transporting tracers. This term is also added to
the tracer tendency equation:
V -ru* (3.10)
The effect of eddies is represented by a "bolus" velocity u*. The latter is defined as:
I
(u*, v*, w*) = (-t , d - sy , ("S' + ' ))
az I z Ox 9y (3.11)
S, and S, are the components of the isopycnal slope in the zonal and meridional direc-
tions.
Fig.3-6 represents the sensitivity of the meridional streamfunction's maximum to the
sum of both processes.
Contrary to diapycnal mixing, which exhibits predominantly positive sensitivities, the
sign of the sensitivity to isopycnal mixing and bolus transport changes throughout the
domain. The overall effect of perturbations in ni and std on the overturning is, therefore,
much smaller than was the case for diapycnal mixing.
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Figure 3-6: Sensitivity of the maximum value of the streamfunction /PMAX to the isopycnal
mixing and thickness diffusion: aIPAO + apa X in So M-2 s; Relaxation boundary condi-
tions, no wind. This figure represents the response of a perturbation applied throughout
each water column.
The sensitivity to isopycnal mixing and thickness diffusion is quite small in the tropics, a
logical consequence of the small slope of the density contours in that region when compared
to higher latitudes.
Western Boundary Dynamics
The sensitivity of the overturning to isopycnal mixing and thickness diffusion is positive
in the western boundary current to a depth of 500 m and negative in the deep western
boundary current between 700 and 1400 m (not shown here, but Fig.3-13 shows the depth
dependency of the sensitivity to thickness diffusion for a case that includes wind) . A
uniform 10% increase in Ki in the western boundary current would increase the overturning's
strength by approximately 0.02 Sv. A similar increase in the deep western boundary current
would, however, weaken the overturning by approximately 0.015 Sv. The effect of a near
surface increase in the thickness diffusion would be to draw heat laterally out of the current,
thereby flattening the isopycnals and locally cooling the current. This cooling will tend to
increase the east to west temperature contrast and enhance the overturning. It will also
reduce the amount of heat transported by the western boundary current and cool the polar
region. In the cold deep western boundary current, homogenizing isopycnals requires a flow
of heat into the current. This warming eventually weakens the overturning.
Polar Dynamics
Isopycnal mixing and the Gent Mc-Williams parameterization undoubtedly play a large role
in high latitudes. The cost function is, however, calculated between 600 and 64 N where
the sensitivies to isopycnal mixing and thickness diffusion are the largest. An analysis with
a different cost function calculated at lower latitudes (not shown) indicates that the results
are not robust to a change in diagnostic. Some thoughts are nonetheless warranted.
By constantly working to homogenize the ocean's stratification, the GM parameteriza-
tion is trying to counter the effect of convection. This would explain the large negative
sensitivities around the northwest corner in Fig.3-6. The projection of the isopycnal mixing
onto the vertical maintains the small stratification in that region. By removing potential
energy, this "convection" weakens the meridional overturning, this effect is, however, small
(Marotzke and Scott, 1999).
Sensitivities are also high, but positive along the eastern boundary near 600 N. This
patch represents a sensitivity to isopycnal mixing in the 1000 to 2000 m depth range. The
large slope gradients present in that region are due to the adjacency of strong down- and
upwelling (see Fig.3-4).
3.3.5 Relaxation Temperature and Salinity
The sensitivity of the overturning to the restoring sea surface temperature is negative in
high latitudes , meaning that a cooling of the restoring temperature would enhance the
overturning. Experiments with a different cost function, the heat transported by the merid-
ional circulation in mid-latitudes, confirmed that the pattern of sensitivity is robust to the
precise definition of the cost function, and systematically exhibit the same high latitude
pattern (not shown).
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Figure 3-7: Sensitivity of the maximum value of the streamfunction 'I)MAX to the relaxation
sea surface temperature: OAx in Sv C-1 (left) and to the relaxation sea surface salinityOTobs
190MAX in Sv (right); Relaxation boundary conditions, no wind.
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The sensitivity to the relaxation temperatures in Fig.3-7 as well as to the relaxation
salinities have a clear maximum over the densest spot in the model, the northwest corner.
This coincides with the site of the neutrally buoyant column. The sign is such that a decrease
in the relaxation sea surface temperature, or an increase in the relaxation sea surface salinity
increases the meridional overturning. The sensitivity pattern is therefore limited to regions
where it can have a direct impact on the buoyancy of the basin's waters on very short
time scales. The relaxation time scale effectively erases the effect of a tempearture anomaly
after a year at most; perturbations in the restoring sea surface temperature imposed away
from the regions of convection and downwelling will be effectively erased before they can be
advected towards those regions. The role of the northwest corner can be understood through
its control of the temperature of the abyssal waters, -0.5*C in this basin. More specifically,
by controlling the temperature of the deep western boundary current, the convecting corner
can have an impact on the zonal temperature gradient below the thermocline and on the
strength of the meridional overturning. The effect of salinity is smaller, but also works
through its effect on the density of the deep water.
Large sensitivities extend along the northern wall, with decreasing magnitude eastwards,
this reflects the decreasing impact of the buoyancy forcing as one moves away from the site
of convection. Perturbations applied in that region are advected westward by the bolus
transport of the GM parameterization.
There is a reversal in the sign of the sensitivity of the meridional overturning to the
restoring temperature and salinity between high latitudes and the tropics. The sensitivities
in the tropics are, howver, very small. A number or studies have pointed out that the
overturning's strength scales as a positive power of the North-South temperature gradi-
ent(Zhang, 1998; Huang, 1999; Scott, 2000). The results presented here indicate that the
overturning would only increase if high latitude temperatures cooled, increasing low lati-
tude temperatures would have virtually no impact. More specifically, for constant tropical
temperatures, the overturning scales as a function of the temperature in the northern part
of the basin. This statement is, however, limited to perturbations in restoring temperature
much smaller than those used by the authors cited above.
A small patch of large sensitivity can be seen along the eastern boundary at its southern-
most point, this coincides with the site where shallow convection is allowing the formation
of the southern hemisphere overturning cell. In this case, the part of the column, which is
neutrally buoyant, coincides with the site of downwelling. For small perturbations in the
buoyancy forcing, increasing this southern hemisphere cell would also enhance the north-
ern overturning, a somewhat surprising finding, which disagrees with previously published
results (Marotzke and Klinger, 2000). There is no southern hemisphere overturning in the
experiments that include wind; this issue was, therefore, not pursued in detail.
3.3.6 Summary of Findings
As anticipated, diapycnal mixing plays a dominant role in the tropical regions while isopy-
cnal mixing and thickness diffusion play a greater role in high latitudes, both are impor-
tant along the large isopycnal slopes of the western boundary current. The important role
played by the tropics seems to confirm the thermodynamic principles outlined by Sandstr6m
(1908), Jeffreys (1925) and Munk and Wunsch (1998): upward advection of heat is balanced
by downward diffusion. The strength of the meridional overturning is then determined by
the power available to return the fluid to the surface across the ocean's stratification. Note
that this "diffusion" is only a crude parameterization for small scale mixing thought to be
related to the breaking of internal gravity waves and internal tides (Gregg, 1987; Polzin
et al., 1997).
As observed by Scott (2000) in a model forced by buoyancy alone, enhancing the down-
ward mixing of heat along either boundary in mid-latitudes will sustain a more intense over-
turning than enhancing it in the middle of the basin. The eastern boundary sustains the
overturning through downwelling in the thermocline and diffusive warming of the boundary
below it. The role of the western boundary seems closely related to the strength and heat
transport of the western boundary current, which here extends to the northern boundary.
Because sensitivities are large over a broad area in the tropics, the effect of a perturbation
is greatest in that region. Perturbing each boundary region individually has approximately
the same impact on the overturning, one that is smaller than the effect of a perturbation in
the tropics. A 10% increase in the magnitude of the vertical mixing over the entire basin
yields a AV ~ 0.34 Sv increase in the magnitude of the overturning.
The sensitivity to the buoyancy forcing is geographically limited to the region that sets
the temperature of the abyssal waters along the western boundary, again in direct relation
with the thermal wind balance.
3.4 The Role of Wind Forcing
This set of simulations seeks to analyze the impact of a zonally averaged wind forcing, which
is derived from observations (Jiang et al., 1999), on the circulation and on the sensitivity
patterns. The boundary conditions imposed on the surface temperatures and salinities are
the same as in the pure buoyancy forcing simulations.
3.4.1 Circulation
There are a number of notable differences in the circulation pattern when wind is included,
notably the presence of gyres and the separation of the western boundary current from the
coast at 500 N. There is a strong eastward current in the circumpolar channel and 2 to
3 Sv of deep water upwells in the open channel (see Fig.2-4). The thermocline structure
is now the product of a wind driven ventilated thermocline as well as a diffusive internal
thermocline (Samelson and Vallis, 1997). The northern hemisphere overturning intensity
increases slightly when compared to the no wind case (+1 Sv). This model is less sensitive
to wind forcing than that of Tsujino and Suginohara (1999), who observed a significant
increase in the strength of the overturning when wind forcing was included. The structure
of the overturning cell is quite similar to the no wind case, convection takes place in the
northwest corner and downwelling in the northeast. There is no overturning cell in the
southern hemisphere.
3.4.2 Diapycnal Mixing
The two most notable differences, which can be observed when wind is added to the forcing
parameters, are in the eastern equatorial region and along the western boundary. The
patterns are otherwise quite similar, notably the dynamics along the eastern boundary.
Equatorial Dynamics
The co-location of the local sensitivity maximum to both diapycnal mixing (Fig. 3-10)
and zonal wind stress (Fig. 3-14) in the eastern equatorial region can be explained by
the role played by the easterlies in lifting the thermocline on the eastern side of the basin
and deepening it on the western side (Pond and Pickard, 1983). The divergence of the
Ekman transport at the equator and its associated upwelling further reduce the depth of
the thermocline in that region and increase the efficiency of the downward diffusion of heat.
Both effects can be observed in the East-West section of Tzz at 20 N, the left hand side in
Fig. 3-8, which is for reference plotted against the equivalent profile obtained without wind
(right-hand side). (Note that under relaxation boundary conditions temperature plays a
dominant role over salinity in determining the vertical buoyancy gradients in the tropics).
The Kd - Tzz term in the equatorial heat budget (Fig.3-9) is close to being an order of
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Figure 3-8: Vertical section along 2' N latitude of the second derivative of the vertical
temperature gradient Tz,, in Cm-2. Left: Relaxation boundary conditions with wind
forcing. Right: Relaxation boundary conditions with no wind forcing.
magnitude larger than it was in the no-wind simulation (Fig.3-3). The sensitivity maximum
in the eastern equatorial region increases from 3.6 - 102 S - under pure buoyancy forcingMrs=-
and relaxation boundary conditions to 5.2. 102 m S1 when wind is present.
The vertical profile of the sensitivity pattern, shown on the right in Fig. 3-9 for the
point of maximum sensitivity at 2' N, indicates that the maximum value is confined to
the near surface, confirming that the sensitivity is related to the shallow Ekman suction
process. Contrary to the no wind case, the overturning is less sensitive to mixing in the
regions of Ekman pumping (North of 150 N and South of 50 S).
While wind plays a role in determining the large sensitivity to mixing near the surface,
it also determines much of the thermocline's stratification. The two thermocline structure
outlined by Samelson and Vallis (1997) and Vallis (2000) is clearly visible in profiles of
the vertical temperature gradient. The region sandwiched between -the upper ventilated
thermocline and the lower internal thermocline at a depth of approximately 500 m exhibits
very large curvatures in the temperature profile and corresponds to the location of the
secondary maximum in sensitivity to diapycnal mixing.
An analysis of the vertical heat budget (Fig.3-9) highlights many of these features. The
vertical advective-diffusive balance holds approximately below the ventilated thermocline.
The influence of the advective terms in the uppermost 200 - 300 m of the thermocline is
much greater than without wind forcing. It is, however, also in this near-surface layer that
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Figure 3-9: Left: Vertical profile of the heat budget at 100 N in the the middle of the basin,
all curves are in 'C m- 1 s. The blue line represents vertical heat advection:wTz; the red line
represents diapycnal heat diffusion: - n-dTzz;the light blue line represents isopycnal heat
diffusion: ~ n (T22 + Tyy) the pink and green lines represents respectively heat advection
in the x- and y- directions: uTx, vTv. Right: Vertical profile at 2' N along the eastern
boundary of the sensitivity to the diapycnal mixing (8%,^X ),in Sv m-2 s; Relaxation
boundary conditions with wind forcing.
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the heat diffusion term is the largest.
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Figure 3-10: Sensitivity of the maximum value of the streamfunction PMAX to the diapycnal
mixing: O^X in Sv m- 2 s; Relaxation boundary conditions, wind. This figure represents
the response of a perturbation applied throughout each water column.
While the sensitivity is concentrated along the equator and close to the surface when
wind is included, the overall effect of a perturbation in diapycnal mixing in the tropics
on the overturning remains quantitatively similar to what was estimated in the no wind
scenario.
Western Boundary Dynamics
While the sensitivity to mixing along the eastern boundary is similar in both the wind
and no-wind simulations, the sensitivity at the western boundary is greatly enhanced and
dominates when wind forcing is added to the model. This factor was absent in the model
used by Scott and Marotzke (2001) when they analyzed the sensitivity of the overturning
strength to the location of diapycnal mixing. The effect of a uniform perturbation And =
3.10-6 m 2 S- 1 imposed in that region increases from 0.015 Sv in the no-wind case to 0.024 Sv
when wind is included.
A large fraction of the 11 Sv of bottom water formed in the northern part of the basin
upwells in the northern hemisphere, only about 5 Sv cross the equator (Fig. 2-3). The
circulation at the western wall shows that intense upwelling is taking place between 200 and
400 N, thereby strengthening the western boundary current through vertical mass conver-
gence as well as through horizontal re-circulations (Colin De Verdiere, 1988). It is therefore
not a surprise to see large sensitivities in that region. B6ning et al. (1995) discussed the
"excessive" upwelling often observed along the western boundary in ocean models, and the
effective shortcut, which this upwelling provides for the meridional overturning. Much of
this spurious upwelling was attributed to the use of xyz- mixing schemes, and the intro-
duction of the Gent and McWilliams (Gent and McWilliams, 1990), which is used in all of
the present simulations, appears to have resolved much of this issue. More recently, Huck
et al. (1999) analyzed the influence of the parameterization of lateral boundary layers on the
thermohaline circulation. They concluded that more sophisticated frictional closures further
reduced the upwelling along the western boundary by allowing horizontal recirculations of
geostrophic currents impinging along the coasts.
At 200 m, the depth of the clear maximum, the sensitivities are three times larger than
in the no wind case. Sensitivities drop off north of 500 N, in direct relation with the western
boundary current, which separates from the coast at that latitude. The depth dependency
of the pattern is interesting in that high sensitivities are systematically observed in the
currents, which feed into the western boundary current. This takes place at 100 N at
200 m, at 200 N and along the equator at 335 m and at 20 - 300 N and 200 S at a depth of
525 m.
The mechanism responsible for those high sensitivities along the western boundary is
the local maximum in ITzz I observed between 400 and 600 N, and the associated increased
effectiveness of the diapycnal mixing process. The high upwelling velocities have the effect of
compressing the isotherms and sharpening gradients in that region. The Tzz section, shown
with the sensitivity field along the western boundary in Fig.3-11, has a clear maximum in
the uppermost 200 - 300 m of the western boundary current. While heat can effectively be
mixed downwards in that region, it is nowhere implied that the western boundary current
is in vertical advective diffusive balance, meridional and vertical advection are in fact the
dominant terms in the heat budget.
A perturbation in diapycnal mixing induces a local diffusive warming at the location of
the perturbation (if Tzz > 0) and cooling above it. The response to this localized disturbance
can be treated similarly to the response to a positive potential vorticity anomaly. The
perturbation will be anticyclonic at the level of the perturbation and cyclonic above and
below it. The associated perturbation to the temperature field will be a cooling above
and below the perturbation and vertical flow towards the anomaly. The vertical depth
of penetration of this perturbation is given by the Rossby height - 1. Given the small
stratification of the deep ocean, the perturbation reaches the bottom of the basin. The
equilibrated response to much of this anomalous upwelling preferably takes place along
the eastern, and to some extent, the northern boundary. The induced flow perturbation
is, therefore, primarily zonal, but projects somewhat onto the meridional plane where it
contributes to enhancing the overturning.
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Figure 3-11: Left: Curvature of the vertical temperature (Tzz in C m-2) along the basin's
western boundary. Right: Sensitivity of the streamfunction maximum to diapycnal mixing
X3 mAx in Sv m- 2 s along the western boundary.
3.4.3 Isopycnal Mixing and Thickness Diffusion
Besides the stronger sensitivity in the region of the western boundary current near 400 N
the pattern of sensitivity to isopycnal mixing and thickness diffusion is similar to what was
observed in the absence of wind forcing (Fig.3-12).
The western boundary current is unsurprisingly the region where isopycnal slopes are
the largest. The isopycnal thickness gradients are larger when wind forcing is included,
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Figure 3-12: Sensitivity of the maximum value of the streamfunction OMAX to the isopycnal
mixing: awa"X in SV M-2 s; Relaxation boundary conditions, wind. This figure represents
the response of a perturbation applied throughout each water column.
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primarily because the western boundary current is stronger in the latter simulation, but
also because the separation of the western boundary current from the coast induces large
temperature gradients in the meridional direction, as well as in the zonal direction. This
explains to a large degree the increased sensitivity to thickness diffusion around 40 - 50* N
when wind is included, and why the strong sensitivities do not extend north of 50 N
(Fig.3-13, left). The reversal of direction in temperature gradients in the cold deep western
boundary current explains the sign reversal of the sensitivity field. The meridional velocity
field along the western boundary is shown for reference on the right of Fig.3-13, it's zero
contour corresponds to the change in sign in the sensitivity plot. The mechanism used to
relate a change in thickness diffusion to a change in overturning is otherwise similar to what
was described in the absence of wind.
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Figure 3-13: Left: Sensitivity of the streamfunction maximum to isopycnal mixing and
thickness diffusion 83 XAx in Sv m- 2 s along the western boundary. Right: Meridional
velocity along the western boundary in ms-1 .
The negative sensitivities observed in the circumpolar channel are a logical consequence
of the role played by the eddy transport in flattening isopycnals. In that region, the merid-
ional streamfunction is sensitive to upwelling, hence the negative values in sensitivity ob-
served between 300 and 1500 m in the Deacon cell .
3.4.4 Wind Stress
With the exception of the eastern equatorial region and Ekman upwelling, the sensitivity
pattern to wind stress is concentrated in high latitudes (Fig.3-14), in both hemispheres.
The role played by the southern latitudes is easiest to understand: it is clear from the
behavior of the meridional streamfunction in Fig.2-3 (that figure displays the overturning
obtained under mixed boundary conditions, but the result is not fundamentally different
under relaxation boundary conditions) that a significant fraction of the deep water upwells
in the latitudes of the channel. The Deacon cell is the product of wind stress divergence in
that region. The wind stress peaks around 500 S (Fig.3-20), upwelling therefore takes place
polewards and downwelling equatorwards of that latitude, this cell closes below the level
of the sill, here set at a depth of 2500 m (Toggweiler and Samuels, 1995). Although much
of the Deacon cell is canceled by the eddy induced bolus velocity of the Gent-McWilliams
scheme, the remaining circulation is sufficient to upwell between a third and a quarter of the
deep water formed in the northern hemisphere, notably because it can draw up the water
still lying below 2500 m. Peak upward velocities take place below 1500 m, both along the
sill and along the northern edge of the channel, this is also where the largest sensitivities
are observed.
Overall, a perturbation of A-rx = 0.01 N m-2, approximately 10% of the wind stress at
550 S imposed from 66 to 50* S, would yield a 0.12 Sv increase in the overturning.
The high latitude sensitivity pattern in the northern hemisphere is strongly dependent
on the local definition of the cost function and should not be considered as a robust feature
of the sensitivity of the overturning. The high latitude pattern is, for example, different
if the cost function is the heat transported by the meridional overturning circulation (not
shown). The band of negative sensitivities along 60' N is related to the direct response of
the flow to a westerly wind perturbation: a near surface northerly Ekman transport and
balancing return deep geostrophic flow. This induced cell opposes the overturning directly
and explains the negative values of the sensitivity. A positive zonal wind perturbation along
the northern boundary would force upwelling along the boundary by driving water away
from it. By cooling the boundary, wind perturbations could affect the buoyancy of the
water in the Northwest corner.
This high latitude sensitivity pattern contasts with the results of Tsujino and Suginohara
(1999). These authors attributed the enhancement of the overturning's strength observed
when wind forcing was included to enhanced heating in the region of Ekman upwelling.
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Figure 3-14: Sensitivity of the maximum value of the streamfunction PMAX to the zonal
wind stress: awAx in Sv N-1m 2 ; Relaxation boundary conditions, wind.
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3.4.5 Relaxation Temperature and Salinity
The similarity between the patterns of sensitivity to the temperature and salinity relaxation
terms in the wind and no-wind simulations indicates that the role played by the wind forcing
has relatively little impact on the efficiency of the direct buoyancy forcing.
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3.4.6 Summary of Findings
Three major changes are observed when wind forcing is added. The first is the increased
sensitivity to diapycnal mixing in the eastern equatorial region, in direct relation with the
role of the easterlies in setting thermocline depths in that region and equatorial Ekman
upwelling. The second change is the heightened sensitivity to the wind itself in the open
channel region, this effect is related to the presence of the Deacon cell and the upwelling
associated with it. The third finding is the increase in sensitivity to mixing in the western
boundary current region because of larger stratification.
3.5 The Role of Heat and Freshwater Forcing
This section seeks to illustrate and explain the differences in the sensitivity maps, which
axe obtained by imposing the same effective surface forcing, but formulating that forcing in
a variety of ways. The circulation was initially spun up under mixed boundary conditions.
The equivalent relaxation and flux boundary conditions, summarized in Table 3.1, were di-
agnosed after the initial equilibrium was reached (5000 yr). All simulations were performed
with the same wind stress forcing.
Restoring BC Mixed BC Flux BC
A' (T - SSTdiag) p. .Az + A-' (T - SSTbs) Qdiag
_____ ZpICP.AZ
A' (S - SSSdiag) (E - Pobs E - Pob
Table 3.1: Formulation of the surface buoyancy forcing terms for mixed, restoring and flux
boundary conditions. The bar refers to a zonal averaging over the Atlantic basin, obs, refers
to a field derived from observations (Levitus and T.P.Boyer, 1994a,b; Jiang et al., 1999),
ref refers to a reference salinity (35) and diag refers to a field, which has been diagnosed
from the spinup under mixed boundary conditions.
Under "mixed" boundary conditions, the net water flux at the ocean-atmosphere inter-
face is prescribed. The heat flux boundary condition contains both the observed heat flux
as well as a term relaxing temperatures towards climatology. The three simulations were
designed to have the same effective flux of heat and freshwater at the ocean's surface, these
fluxes are simply formulated in three different ways.
The heat flux field field under flux boundary conditions (Qdiag) was diagnosed from the
effective exchange of heat taking place between the atmosphere and the ocean at the end of
the spinup of the model under mixed boundary conditions, it is therefore different from the
zonally averaged field used under mixed boundary conditions (Qobs). Because the effective
heat flux forcing at the ocean's surface remains constant, the flow differs very little from
what is observed under mixed boundary conditions.
The fields used under restoring boundary conditions differ from those used in the pre-
vious sections. The sea surface temperature and salinity fields towards which the flow is
relaxed are not derived from observations but diagnosed from the end of the spinup under
mixed boundary conditions.
The ocean goes from having quasi-fixed surface temperatures and salinities under restor-
ing boundary conditions, to allowing first the salinity (mixed boundary conditions) then the
temperature (flux boundary conditions) to evolve forced by precipitation and heat flux fields.
The only quantities held fixed under flux boundary conditions are the amount of heat and
freshwater entering the basin.
The mixed boundary conditions are thought to be the most realistic of the three for-
mulations. The sea surface salinity has no influence on the atmospheric hydrological cycle,
the boundary condition should therefore be formulated as a flux. The difference between
the ocean and the atmosphere's temperatures does, however, influence the heat exchange
at the ocean's surface. This is represented by the restoring term in the mixed boundary
conditions. By providing the two extreme formulations, the idea was to determine which
sensitivity patterns depended on the nature of the surface forcing, and which were inde-
pendent of it. Note that restoring boundary conditions are often used in ocean only model
studies.
Depending on the boundary conditions, the sensitivity to the restoring sea surface tem-
perature, heat flux or a combination of the two will be examined. The sensitivity to the
salinity forcing will be either the restoring sea surface salinity or the net precipitation field.
3.5.1 Circulation
The circulation pattern, which was shown in Fig. 2-3, is virtually identical under the three
boundary formulations. Convective overturning of the water column takes place at the
model's coldest point, the northwest corner. The actual downwelling and mass transport
take place near the northeast corner and along the eastern boundary. The overturning peaks
at 11.5 Sv and the amount of heat transported northward by the circulation is 0.7 PW.
3.5.2 Diapycnal Mixing
The most striking difference between the sensitivity to diapycnal mixing observed under
relaxation, and mixed or flux boundary conditions, is the increase in sensitivity in the
equatorial region: aOMAX = 400 - 500 Sv m- 2 s under relaxation boundary conditions,Or-d
a9OMAX = 1200 - 1500 Sv m- 2s under mixed or flux boundary conditions. The three cases
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are plotted on the same scale in Fig.3-16.
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Figure 3-16: Sensitivity of the streamfunction maximum to diapycnal mixing '0AX
in So m 2 s. Left: Restoring boundary conditions. Middle: Mixed boundary conditions.
Right: Flux boundary conditions. The three plots are on the same scale.
Tropical Dynamics
Near surface tropical sensitivities are, in all three cases, concentrated in the 0 - 100 N
latitude band where Ekman suction is taking place. This confirms the hypothesis outlined
by Samelson and Vallis (1997) that the MOC is effectively insulated from buoyancy forcing
by the ventilated thermocline in the region of the Ekman pumping.
The local maximum remains located at the eastern boundary because of wind induced
coastal upwelling. It is however, twice as large under flux or mixed boundary conditions as
in the restoring case. The entire equatorial region is generally much more sensitive when the
surface density is not fixed. This is related to the effect that a perturbation in the diapycnal
mixing can have on the vertical density profile and its gradients. Considering an extreme
scenario in which the surface density is held fixed, increasing the diapycnal mixing could
only reduce the vertical density gradients, thereby reducing the efficiency of the vertical
advective-diffusive process. Under constant flux boundary conditions, the surface density
is no longer fixed. An increase in the downward diffusion of heat can reduce the sea surface
temperature, thereby at least maintaining vertical buoyancy gradients and the efficiency of
the diffusion process. Restoring boundary conditions are obviously closer to the first sce-
nario, while mixed boundary conditions present an intermediate case. Table 3.2 illustrates
this point. The diapycnal mixing coefficient is increased by 10% (And = 3. 10-6 m2 S- 1)
just below the surface at 2* N along the eastern boundary;Table 3.2 summarizes the surface
temperature and salinity which result.
Restoring BC Mixed BC Flux BC
AT (0C) -0.069 -0.066 -0.22
AS 0.0064 0.039 0.023
Ap (kg m 3 ) 1.8 10-5 4.2 - 10-5 6.1 - 10-5
Table 3.2: Sea surface temperature, salinity and density perturbations induced by a per-
turbation in diapycnal mixing (And = 3 - 10-6 m2 -1) applied one level below the surface
at 2* N along the eastern boundary. The density perturbation was estimated by using the
linearized equation of state.
The surface buoyancy perturbation is smallest under restoring boundary conditions.
It is interesting to note that salinity contributes approximately two-thirds of the overall
buoyancy perturbation under mixed boundary conditions, but less than a third under flux
boundary conditions. This is a direct consequence of the restoring term imposed on the
surface temperature under mixed boundary conditions.
The similarity between the sensitivity maps under mixed and flux boundary conditions
implies that the larger salinity perturbations compensate for much of the reduced changes
in temperature.
It is in all cases the ability of the eastern boundary to carry Kelvin waves northward
where they can transfer their energy into enhancing downwelling (McDermott, 1996), which
allows the meridional overturning to show a global response to a perturbation initially
localized along the equator.
Western Boundary Dynamics
The source of sensitivity to nd in the western boundary current is in all cases predominantly
at 200 m, only partly at lower levels. The maximum sensitivity at 400 N and 200 m is
240 Sv m-2 s under restoring boundary conditions, 360 S m 2 s under mixed boundary
conditions and 1300 S m- s under flux boundary conditions. These differences point to
the heat flux and the constraint imposed on the sea-surface temperature as playing a key
role in determining this pattern.
A Green's function perturbation analysis shows that a localized increase in the vertical
diffusion coefficient results in an increase in the downward diffusion of heat, with localized
cooling above the perturbation. The dominant response in the perturbation heat budget
comes through changes in the horizontal temperature field (the v -T' and u T' terms)
and more importantly for the overturning, through a perturbation in the vertical velocity
(w' - Tz). Most of the equilibrated response to a change in mixing is local, but part of it
makes its way to the eastern boundary and produces a global impact on the overturning.
The perturbation is communicated to the eastern boundary primarily through boundary and
equatorial Kelvin waves. These waves convert their energy into a perturbation of the vertical
flow in the northeast corner. Under flux boundary conditions, advection of perturbations
in the rapid near-surface circulation can also generate a global response. Fig.3-17 shows
the surface temperature response, under mixed (left) and flux (right) boundary conditions,
to a near surface perturbation in Id. The perturbation is located at 380 N at the western
wall. The perturbation is advected by the western boundary current and further northward
into the polar basin. This process is, however, inhibited under mixed boundary conditions
when compared to flux boundary conditions.
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Figure 3-17: Equilibrated response (AT in 'C) to a perturbation in diapycnal mixing
imposed at 38' N at the western boundary at a depth of 95 m: Ana = 3.-10-6M2 -i . Left:
Mixed boundary conditions. Right: Flux boundary conditions.
The key measure, which determines the magnitude of the response of the meridional
streamfunction appears to be the magnitude of the temperature perturbation in the north-
west corner, above the convection site. The northeast corner, where downwelling takes
place, is also important. The surface cooling in the western boundary current in Fig.3-17
quickly locks onto the site of convection. This allows the cooling to extend through the
water column and forces enhanced clockwise recirculation along the northern boundary,
with downwelling in the northeast corner. Although surface salinity perturbations are also
observed, the effect of temperature perturbations is clearly dominant (Table 3.3). This ex-
plains why the sensitivities in the western boundary current are so much larger under flux
boundary conditions.
Mixed BC Flux BC
AT (0C) -0.0023 -0.0065
AS 0.00070 0.00031
Ap (kgm- 3) 9.7 10- 7  15.3 10-7
Table 3.3: Sea surface temperature, salinity and density perturbations induced by a pertur-
bation in diapycnal mixing (And = 3. 10-6 m2 s--1) applied one level below the surface at
38 N along the western boundary. The density perturbation was estimated by using the
linearized equation of state.
The importance of the western boundary current as a determinant of the overturning's
strength is directly related to its role as the dominant vehicle of Equator to Pole heat
and mass transport. The sensitivity can be attributed to the effectiveness of the vertical
diffusion process, and the variety of mechanisms, which allow a global response to a locally
induced upwelling. This role does not cease at the western boundary itself, but extends to
all of the tributaries, which feed into the western boundary current at various depths.
Mid-Latitude Dynamics
Figure 3-18 shows the effect on the surface temperature of a perturbation in rd imposed
at 41 N, 8' East of the western boundary at a depth of 500 m, under both mixed and
flux boundary conditions. Under mixed boundary conditions the overturning's intensity is
observed to decrease, it increases under flux boundary conditions. This was predicted in
both cases by the adjoint model. In the first case, the cooling induced above the level at
which the diffusion coefficient is increased is largely damped before the perturbation reaches
the surface. Under flux boundary conditions, this perturbation extends to the surface and
is advected to the northeast corner, where it reduces downwelling. The northwest corner
is in fact warmed under flux boundary conditions, while it experiences a slight cooling
under mixed boundary conditions. This difference alone explains why the sensitivity of the
meridional overturning to mid-latitude mixing is in one case negative and positive in the
other.
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Figure 3-18: Equilibrated response (AT in 0C) to a perturbation in diapycnal mixing
imposed at 380 N, 8 east of the western boundary at a depth of 500 m: An = 3.10- 6m 2 s-1
Quantitative Comparison
This section has shown how important a careful formulation of the surface boundary condi-
tions in climate modeling really is: the sensitivity of the meridional overturning to mixing
changes in most locations by a factor of two or three, and sometimes changes sign when
surface boundary conditions switch from restoring to flux forms. These changes can be
attributed to two factors: restoring terms damp near-surface temperature and salinity per-
turbations and prevent them from being advected in the basin by the circulation.
Table 3.4 provides a quantitative estimate of the effect of a small perturbation, And =
3. 10-6 m2 s-1, applied over some of the key regions. The effect of a 10% global increase
in diapycnal mixing would be to enhance the overturning maximum by 0.4 - 0.6 Sv. The
overturning is most sensitive under mixed boundary conditions, primarily because there is
a large area of negative sensitivity present under flux boundary conditions in mid-latitudes,
.. ......... m
which is absent under mixed boundary conditions. As noted previously, the western bound-
ary current region generates a greater response under flux boundary conditions than in the
other cases. Approximately a third of the global response is generated in the [20 N; 150 N]
latitude band, and close to half in the [15' S; 150 N] tropical region.
Restoring BC Mixed BC Flux BC
Equator: [2' N; 15' N] 0.12 0.20 0.18
Tropics: [150 S; 150 N] 0.19 0.30 0.22
Western Boundary Region: [20 N; 500 N] 0.023 0.033 0.055
Total 0.42 0.60 0.42
Table 3.4: Estimated effect (in Sv) on the maximum value of the meridional streamfunction
OMAX of a Arld - 3.10-6 M2 S- 1 perturbation in the diapycnal mixing applied throughout
a specific region.
3.5.3 Wind Stress
While the sensitivity to the wind forcing is concentrated in high latitudes under relax-
ation boundary conditions (Fig.3-14), the tropics dominate under mixed or flux boundary
conditions (Fig.3-19).
in S N 1 inm2 . Left: Restoring boundary conditions. Middle: Mixed boundary conditions.
Right: Flux boundary conditions. The three plots are on the same scale.
100
Given the role played by Ekman pumping already highlighted within the context of the
equatorial sensitivity to diapycnal mixing, it is not surprising to see that the latitudes at
which the sensitivity bands switch from being positive to negative correspond to the zero
crossings of the wind stress curl, shown for reference on the right in Fig. 3-20.
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Figure 3-20: Left: Observed zonal mean wind stress (-.), in Nm 2 . Right: Meridional
gradient of the zonal wind stress (g), in N m- 3.
The polarity of the pattern is such that increasing the upwelling increases the overturning
while enhancing the downwelling has the opposite effect. This effect will naturally decay
towards the pole as the influence of shallow upwelling or downwelling on the structure of
the thermocline decreases. This mechanism is similar to the one invoked by Tsujino and
Suginohara (1999). It is, however, surprising that these authors obtained a strong sensitivity
in the region of Ekman downwelling in a model forced with restoring boundary conditions.
The tropical sensitivity pattern is here clearly enabled by the switch away from relaxation
boundary conditions, notably because significant surface salinity perturbations are possible
under mixed boundary conditions.
The role played by wind stress in the tropics is similar under mixed and flux boundary
conditions. The most important new feature is the importance of the 40 - 500 N latitude
band in the latter case. In the eastern part of the basin, the sensitivity is due to the direct
control, which the wind exerts over the west to east flow intensity. This feature will be
discussed in relation to the role played by the buoyancy forcing in that region. In the
western half of the basin, the sensitivity to the wind forcing is related to its control of the
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northern extent of the western boundary current, and consequently of the effectiveness with
which heat and moisture can be advected northwards.
Quantitative Comparison
The effect of a westerly wind perturbation Ar = 0.005 N m- 2 (approximately 10% of the
value of the wind stress in low- and mid-latitudes), applied uniformly over various latitude
bands is summarized in Table 3.5. It makes little sense to apply a uniform global pertur-
bation since that would violate the conservation of angular momentum around the planet.
The impact of uncertainty in the Earth's angular momentum on the ocean's circulation
could, however, be explored in the future with the adjoint method.
While the circumpolar channel plays a very important role under restoring boundary
conditions, the sensitivity is smaller under the other forcing scenarios. Chapter 5 will ad-
dress these differences in detail. It is the equatorial region which dominates under mixed
and flux boundary conditions, with an effect one order of magnitude greater than under
restoring boundary conditions. Sensitivities are logically largest under flux boundary con-
ditions since that is when increased Ekman upwelling can best be balanced by changes in
stratification.
Restoring BC Mixed BC Flux BC
Antarctic Circumpolar Channel: [660 S; 500 S] 0.061 0.021 0.015
Equator: [2' N; 150 N] 0.035 0.37 0.55
Tropics, Northern Hemisphere: [180 N; 300 N] -0.014 -0.094 -0.055*
Tropics, Southern Hemisphere: [100 S; 20 S] 0.015 -0.075 -0.11
Table 3.5: Estimated effect (in Sv) on the maximum value of the meridional streamfunction
MAX of a ATz = 0.005 N m- 2 perturbation in the zonal wind stress applied throughout a
specific region. *: the perturbation was applied only over the eastern half of the basin.
3.5.4 Precipitation and Heat Flux
The pattern of sensitivity to the observed heat flux or the restoring temperature under mixed
boundary conditions (upper left-hand panel in Fig.3-21) does not differ in any significant
way from the pattern of sensitivity to the restoring sea surface temperature calculated under
relaxation boundary conditions. This indicates that the restoring time scale is in either case
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sufficiently short to prevent any perturbation distant from the site of convection from being
effective.
Under mixed boundary conditions interesting features are observed in the sensitivity to
the net water flux field (Fig.3-21, lower left-hand panel), because the effects of increased
rainfall or evaporation can now be advected by the surface circulation. The sign of the
sensitivity is everywhere such that an increase in precipitation, and concurrent decrease
in salinity, would decrease the strength of the overturning. With the exception of the
northwest corner, increases in the moisture flux in the tropics, and more precisely within
the area enclosed by the subtropical gyre, has a greater impact on the meridional overturning
than increases in other latitudes. The time dependent development of the pattern, which is
similar to what was shown in detail in Fig.2-12, and the dominance of the northwest corner
hints to an important role for the advection of salinity perturbations towards the site of
convection. Because that corner sets the buoyancy of the bottom water, or at the very
least that of the deep western boundary current, it determines in part the zonal density
gradient below the thermocline. These results support the notion that the thermohaline
circulation is thermally driven (Rahmstorf, 1996). The circulation is inhibited by a net
input of freshwater. The sign of the sensitivity to the freshwater flux would be reversed if
the circulation was driven by both thermal and haline forcings.
It is surprising to observe no reversal in the sign of the sensitivity between high latitudes
and the tropics. The experiments of Huang (1999) and Scott (2000) were performed under
restoring boundary conditions. Their common conclusion that increasing the South to North
temperature gradient increases the overturning, is therefore not necessarily applicable under
mixed or flux boundary conditions. The analysis of Zhang et al. (1999), which reproduces
the hysteresis behavior of the meridional overturning under increasing freshwater forcing
observed by Rahmstorf (1995), used mixed boundary conditions. Their results show a
decrease in the overturning strength for increasing freshwater forcing, which in their model
corresponds to increased precipitation in high latitudes and increased evaporation in the
tropics, the two effects are not isolated from one another. The adjoint result indicates
that only the former effect weakens the overturning, the latter intensifies it. Table -. 6
also shows that, under mixed boundary conditions, the dominant mechanism should be the
increase in evaporation in the tropics. The apparent disagreement with the results of Zhang
et al. (1999) and Rahmstorf (1995) could have multiple sources besides model differences.
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Figure 3-21: Sensitivity of the streamfunction maximum to the heat flux (9 ^X ) in
Sv W- 1 m2 (top) and to the freshwater flux (*MAX in Sv m- s (bottom) . Left: Mixed
bdtE-PF
boundary conditions. Right: Flux boundary conditions.
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Although this was not shown in detail, the boundary condition imposed on temperature,
notably the restoring time scale, has a strong impact on the sensitivities to the freshwater
flux. The rate of increase in freshwater forcing in Zhang et al. (1999) and Rahmstorf (1995)
is sufficiently slow for the model to be deemed in a permanent state of quasi-equilibrium.
It is, however, possible that the behavior of the overturning is more indicative of a response
to a transient sensitivity pattern (e.g. a 100 year pattern of the type shown in Fig.2-
12), which is concentrated in high latitudes. It takes 200-300 years for the steady-state
pattern show in Fig.3-21 to emerge and for the tropical sensitivities to become dominant.
Note that the adjoint result agrees with Wiebe and Weaver (1999), who noted that the
equilibrated response to a climate change type of perturbation was in fact a net increase in
the overturning's strength. The weakening of the circulation is a transient phenomenon,
which does not last beyond the point when the forcing ceases to increase. The results
obtained with the adjoint model are furthermore a linearization around a steady-state, as
such they can only be expected to be valid over a very small portion of the hysteresis curve
shown in either Zhang et al. (1999) or Rahmstorf (1995).
Under flux boundary conditions, on the right in Fig.3-21, the role played by the buoyancy
forcing, both heat and moisture, is no longer limited to the polar region. Two separate
mechanisms determine these sensitivity patterns: the direct interaction of the heat and
moisture fluxes with downwelling at the eastern boundary, and the advection of heat and
moisture in the basin and their influence on the density of abyssal waters set in the northwest
corner. The elongated band of sensitivity at 400 N is aligned with the northern edge of the
subtropical gyre and the strong East to West current in that region. A positive perturbation
in the heat flux in that band will be advected towards the boundary, where it downwells
quasi-adiabatically. The sign is such that a warming or enhanced precipitation along the
eastern boundary will result in an increase of the overturning. This increase in buoyancy
of the boundary intensifies zonal density gradients and the vertical shear in the flow. This
hypothesis is confirmed by the sensitivity to the meridional wind stress, which although set
to a nominal value of zero everywhere, indicates that a southerly wind perturbation along
the east coast and its associated Ekman coastal downwelling would enhance the circulation.
With the exception of the eastern boundary, the sign of the sensitivity is everywhere
such that an increase loss of heat by the ocean or a buoyancy loss through evaporation
would enhance the overturning. The sensitivity to precipitation is no greater than under
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mixed boundary conditions. The sensitivity to perturbations in the heat flux has, how-
ever, increased dramatically, a logical consequence of the change in the formulation of the
boundary conditions.
The mixing energy required to upwell the abyssal waters is proportional to the density
difference between surface and sub-thermocline layers ( ff Kd -g- (Pbottom - Purface) -dX*- dy,
(Huang, 1999)). Reducing the vertical density gradient reduces the required mixing energy,
or, alternatively, for a constant mixing energy allows the upwelling of more deep water.
Density gradients are greatest in the tropics, reducing the surface density in that region
could be an effective mechanism for enhancing the overturning. This is not, however, taking
place under mixed or flux boundary conditions because advection towards high latitudes is
both a more rapid and more efficient way of impacting the overturning than local vertical
diffusion.
The region of greatest sensitivity is bounded by the direct recirculation within the
subtropical gyre that feeds into the western boundary current, the current region itself
and its outflow into the high latitude region. Since the western boundary current controls
the exchange of water between the tropical and subtropical regions, and hence the heat
exchange between South and North, it is not surprising to see this result. It appears that
by controlling the amount of heat transported by the western boundary current, heating or
rainfall in the subtropical gyre, in the western boundary current or at its outflow controls
the density of the abyssal waters, which return southward as deep currents. Since much of
this return flow takes place in the deep western boundary current, cooling it or increasing
its salinity also increases the East to West density contrast, which balances the meridional
overturning.
Quantitative Comparison
Tables 3.6 and 3.7 summarize the effect of heat and freshwater flux perturbations, or their
equivalent sea surface temperature and salinity perturbations, when added in individual por-
tions of the basin. The basis for the comparison was chosen as an arbitrary AQ = 4 W m-2
going from the ocean into the atmosphere. The equivalent sea surface temperature pertur-
bation under relaxation boundary conditions is ASST = -0.1*C. In order to maintain
the same overall impact, the perturbations used under mixed boundary conditions were
AQ = 2 W m-2 and ASST = -0.05 C. Note that there is nothing to force the contri-
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butions of the heat flux and relaxation terms to be equally partitioned. The freshwater,
respectively salinity perturbation, which would give a similar change in buoyancy is an
increase of AP = 5.8 mm yr- 1 in evaporation, or an increase in the restoring salinity of
ASSS = 0.027. The relation between temperature and salinity perturbations is derived
from the linearized equation of state, which is not accurate in high latitudes for cold tem-
peratures.
Restoring BC Mixed BC Flux BC
Polar Region: [680 N; 72' N] 0.21 0.28 0.22
Eastern Boundary: [380 S; 620 S] -0.014 -0.012 -0.08
Western Boundary Current: [180 N; 50' N] -0.0002 -0.0012 0.72
Tropics [2* N; 200 N] -0.0018 -0.003 3.87
Table 3.6: Estimated effect (in Sv) on the maximum value of the meridional streamfunction
2PMAX. Flux BC: AQ = 4W m- 2 perturbation in the net heat flux. Restoring BC: ASST =
-0.1 'C perturbation in the relaxation sea surface temperature. Mixed BC: combined effect
of AQ = 2 W m- 2 and ASST = -0.05*C perturbations.
Restoring BC Mixed BC Flux BC
Polar and Northwest Region: [580 N; 720 N] 0.33 0.075 0.012
Eastern Boundary: [38' S; 620 S] -0.022 0.003 -0.0002
Western Boundary Current: [180 N; 500 N] 0.0021 0.046 0.033
Tropics [20 N; 200 N] 0.0035 0.29 0.19
Table 3.7: Estimated effect (in Sv) on the maximum value of the meridional streamfunction
PMAX - Mixed and Flux BC: AP = 5.8 mm yr-1 perturbation in the net precipitation field.
Restoring BC: ASSS = 0.027 perturbation in the sea surface salinity.
The most noticeable feature is the shift from sensitivities that are concentrated in high
latitudes under restoring boundary conditions to high values in the tropics under flux bound-
ary conditions. Under mixed boundary conditions, the overturning is most sensitive to tem-
perature perturbations in high latitudes and salinity perturbationw in low latitudes. It is
also interesting to note that both polar and tropical regions are substantially more sensitive
to the freshwater forcing under mixed than flux boundary conditions, this compensates in
part the fact that surface temperatures are tied to observations by the restoring term.
The meridional overturning circulation is more sensitive to the implicit freshwater forcing
than to equivalent heat flux perturbations under restoring boundaryc-onditions. The results
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obtained under mixed boundary conditions show an overturning, which is equally sensitive
to high latitude changes in the net amount of heat entering that region as to perturbations
in the amount of rainfall and evaporation in the tropics. The situation under flux boundary
conditions is entirely dominated by perturbations in the net heat flux in low latitudes and
in the western boundary current.
3.5.5 Isopycnal Mixing and Thickness Diffusion
The sensitivity to isopycnal mixing and thickness diffusion for the three forcing configu-
rations is shown in Fig.3-22. There is a lot of detail in high latitudes in the northern
hemisphere, which is cost function specific and not consistent between the three figures.
The high sensitivities do, however, highlight the importance of the bolus transport in that
region.
xed Boundary Conbdion
Figure 3-22: Sensitivity of the streamfunction maximum to isopycnal mixing and thickness
diffusion a(^MAX in Sv m 2 s. Left: Restoring boundary conditions. Middle: Mixed( 9i~ ;Ktd /
boundary conditions. Right: Flux boundary conditions. The three plots are on the same
scale.
Western Boundary Current
The sensitivity to the thickness diffusion in the western boundary current is, at 7 to 8
10- 5 fT , similar under relaxation or mixed boundary conditions, the value jumps to
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2. 10--mS, under flux boundary conditions. This patch of high sensitivity corresponds
to the latitude band over which isopycnals are distorted northward and upward by the
current and where isopycnal thickness gradients are largest. The greater perturbations in
stratification, which are allowed under flux boundary conditions, are the source of much of
the increase in sensitivity. The importance of the western boundary region is in fact masked
by the opposing sensitivity patterns in the western and deep western boundary currents.
Under flux boundary conditions, the two regions of large sensitivity to isopycnal mixing
and thickness diffusion correspond to the regions of enhanced sensitivity to the buoyancy
forcing: the outflow from the western boundary current at 55'N and the eastern boundary
between 40 and 600 N. A meridional section along the eastern boundary between 40 and
600 N indicates that the region of high sensitivity coincide with the boundary between down-
and upwelling, where isopycnals slope steeply downwards, sensitivities are positive just
below this boundary. The projection of the isopycnal mixing component onto the vertical
allows it to contribute to the downward mixing of heat and warming of that boundary in a
role similar to the one played by diapycnal mixing.
Quantitative Comparison
Table 3.8 summarizes the effect of an increase in isopycnal mixing and thickness diffusion,
Ani = 100 m2 s1, in various regions on the overturning. The sensitivity patterns tend
to be specific to each forcing configuration, which limits the possibility of comparing any
effects quantitatively.
Restoring BC Mixed BC Flux BC
Antarctic Circumpolar Channel: [580 S; 540 S] -0.10 -0.12 -0.06
Antarctic Circumpolar Current: [540 S; 500 S] 0.34 0.12 0.11
Western Boundary Region: [340 N; 50' N] 0.07 0.16 0.96
Polar Region: [620 N; 700 N] -0.4 -1.2 -0.06
Total -2.6 -0.6 3.9
Table 3.8: Estimated effect (in Sv) on the maximum value of the meridional streamfunction
OMAX of a AKi = 10- 10-6 m2 s- perturbation in the isopycnal mixing applied throughout
a specific region.
The bolus transport plays the greatest role in the Antarctic Circumpolar Channel un-
der restoring boundary conditions, it is under flux boundary conditions that the western
109
boundary dominates. The overall effect of the western boundary current alone is approxi-
mately twice what is shown above for the entire water column. A rapid calculation shows
that a 10% perturbation in Kitd along the western boundary under mixed or flux bound-
ary conditions has an impact on the overturning that is approximately three times greater
than a similar perturbation in the diapycnal mixing (A0bd = (-2And = 5 - 102 3. 10 7 =
1.5.- 10-4 So; AOs = Antd = 5 - 10-5 - 10 = 5 - 10-4 SV).
Under both mixed and restoring boundary conditions, the polar regions contribute a
large fraction of the total sensitivity to the isopycnal mixing.
3.6 Summary and Discussion
Our study shows that, in a climatological ocean model, air-sea boundary conditions are a
crucial determinant of the wind-stress sensitivity.
The important role played by the tropics in setting the overturning's strength seems to
confirm the thermodynamic principles outlined by Sandstr6m (1908), Jeffreys (1925) and
Munk and Wunsch (1998): upward advection of heat is balanced by downard diffusion. The
strength of the meridional overturning is then determined by the power available to return
the fluid to the surface across the ocean's stratification. Note that this "diffusion" is only
a crude parameterization for small scale mixing thought to be related to the breaking of
internal gravity waves and internal tides (Gregg, 1987; Polzin et al., 1997).
As observed by Scott (2000) in a model forced by buoyancy alone, enhancing the down-
ward mixing of heat along either boundary in mid-latitudes will sustain a more intense
overturning than enhancing it in the middle of the basin. The eastern boundary sustains
the overturning through downwelling in the thermocline and diffusive warming of the bound-
ary below it. The large vertical temperature contrast between the western and deep western
boundary currents along the western boundary induce efficient mixing in that region.
The sensitivity to the buoyancy forcing is geographically limited to the region that sets
the temperature of the abyssal waters along the western boundary, in direct relation with
the thermal wind balance.
Surface wind stress has two effects on the ocean's stratification, which concentrate the
sensitivity in the eastern equatorial region. Ekman suction increases the stratification along
the equator while Ekman pumping decreases it in the rest of the tropics. The equatorial
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easterlies lift the thermocline on the eastern side of the basin, further increasing the strati-
fication and the efficiency of the vertical mixing process in that region.
The most striking difference between the sensitivity maps obtained under relaxation
boundary conditions and those obtained under mixed or flux boundary conditions is the
generally greater sensitivities in the latter cases. This is not surprising, relaxation terms are
constraints imposed onto the circulation, which make it much less sensitive to perturbations
than a system with more freedom. It is the ability of the flow to advect buoyancy perturba-
tions towards high latitudes under flux boundary conditions, which allows high sensitivities
to heat and freshwater fluxes to extend throughout the basin. Both high and low latitudes
play an important role under mixed boundary conditions, the case thought to be the most
realistic.
There is no single region or parameter, which clearly stands out as being dominant. It
does, however, appear that the tropics, and in particular the north equatorial band, become
increasingly important as the constraints on the surface forcing are relaxed. Under flux
boundary conditions, a 10% increase in wind stress in the 2 - 150 N band would increase
the overturning by ~ 0.5 Sv, an increase of similar magnitude in the diapycnal mixing
would increase it by 0.2 Sv. Perturbations in the buoyancy forcing terms have an even
greater impact. The tropics are important even without any wind stress forcing, but the
specific importance of the eastern equatorial region is undoubtedly tied to the combination
of easterlies and Ekman upwelling in increasing the stratification.
The polar region plays a crucial role in sustaining the meridional overturning. It is
argued that this role is tied to a control of the buoyancy of the abyssal waters, notably of
the deep western boundary current by convection in the northwest corner.
The analysis in this simplified framework has highlighted the importance of the zonal
overturning cell in balancing the meridional circulation (Scott, 2000). By adiabatically
warming the eastern boundary above the thermocline and cooling the western boundary
throughout the depth of the basin, this cell creates the zonal temperature gradient required
to sustain the vertical shear of the flow synonymous with meridional overturning. The
warming of the eastern boundary is compounded by diffusive warming below the thermo-
cline. Convection sets the temperature of the deep western boundary current, which is the
source of much of the upwelling water along the western boundary.
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Chapter 4
Description of the Realistic
Geography Models
Chapter 3 examined the response of an idealized ocean basin to various types of surface
boundary conditions. This chapter will focus on the role of exchanges between basins in a
coarse resolution realistic geography model. These exchanges are associated with oceanic
transport mechanisms, advection and diffusion, in the ocean model forced by mixed surface
boundary conditions. The coupled ocean - energy and moisture balance model provides the
ocean's surface with interactive surface fluxes, and enables a number of important feedback
mechanisms between the ocean and the atmosphere. It also allows for the rapid exchange
of information between basins and across latitudes.
4.1 Ocean Model
The ocean model is the MIT OGCM, it is described in detail in Marshall et al. (1997a,b).
This model is designed to study ocean processes ranging from the non-hydrostatic scale of
convection to the hydrostatic global scale. The configuration of the model has a realistic
geography and bathymetry on a constant 4' x 4' resolution grid, it has 15 layers in the
vertical with thicknesses ranging from 50 m near the surface to 690 m. at the bottom. Time
stepping is asynchronous, At = 40 min for the momentum equations and At = 1 day for
the tracer advection (Bryan, 1984). Since there is no seasonal cycle in this model setup,
the asynchronous scheme should have no consequences on the steady-state flow field. The
following sections will show that this model reproduces reasonably well the known large-
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scale features of the ocean circulation. The Redi tensor allows for the diffusion of tracers
along three-dimensional isopycnal surfaces instead of horizontally (Redi, 1982). The Gent
Mc-Williams scheme parameterizes the advective effect of the geostrophic eddies with a
"bolus velocity", which is added to the Eulerian-mean velocity (Gent and McWilliams,
1990; Danabasoglu and McWilliams, 1995). A table summarizing the values used for key
model parameters is provided in Appendix A.
4.2 Energy and Moisture Balance Atmosphere
To investigate the impact of atmospheric feedbacks, an energy and moisture balance model
is coupled to the ocean model. The model is drawn from the work of Wang et al. (1999a,b)
and Nakamura et al. (1994) with some minor modifications. This energy and moisture bal-
ance atmosphere is a highly parameterized zonally averaged transport model. The concept
underlying this model is that the amount of heat and freshwater transported from the trop-
ics towards higher latitudes by the atmosphere is a function of the meridional temperature
gradient at the ocean's surface. This parameterization represents only the role played by
atmospheric eddies in transporting heat, it neglects the role of the Hadley cell in low lat-
itudes. The latitudinal profiles of atmospheric heat and freshwater transport are specified
from observations and held fixed throughout the integration. However, the amplitude of
each profile is determined by the eddy transport parameterization and recalculated at every
time step. The fluxes of heat and moisture at the ocean-atmosphere interface are calculated
by assuming that the atmosphere has vanishing heat and moisture retention capacities,
an assumption which is true on an annual mean time scale. The wind stress is not inter-
active and is derived from the European Center for Medium Range Weather Forecasting
(ECMWF) reanalysis data from 1980 to 1987 (Trenberth et al., 1989).
4.2.1 Heat Flux
The flux of heat per unit area at the ocean - atmosphere boundary is determined from the
sum of the net radiative forcing and the divergence of the atmospheric heat transport:
Qmod( 7S(1I-a)-I+ad)(4.1)
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where F = Ir cos(4)(-s()),is the latitude.
The factor -y accounts for the fact that the annual net flux of heat must vanish over
land, y is therefore calculated as the ratio of the total number of grid points in a latitude
band to the number of ocean points. Since a net annual mean heat flux into or out of an ice
sheet is possible, Greenland and Antarctica are counted as ocean points. The net radiative
forcing at the top of the atmosphere is the sum of its longwave and shortwave components.
The incoming shortwave radiation, S, and the planetary albedo, a, are parameterized as
Legendre polynomials fit to observations, and forced to be symmetric about the equator
(Wang, 1997). This model does not allow for any albedo feedback, S and a are held fixed
throughout the integrations.
The net longwave flux, I, is parameterized as a function of the temperature of the
atmosphere at the surface:
I = Fo + FiTs(#) (4.2)
The coefficients FO and F1 were determined from NASA's Earth Radiation Budget
Experiment (ERBE) longwave radiation data and the Levitus sea surface temperature:
FO = 195 Wm~2, F1 = 2.78 Wm- 2 C-1 (Wang et al., 1999a). The meridional atmospheric
temperature profile, Ts, is determined from the sea surface temperatures by fitting a second
order Legendre polynomial to the area-weighted average temperature over the 0 - 35 N/S
and 35' - 80'N/S latitude bands. This parameterization relies on the assumption that the
zonal mean atmospheric surface temperatures remain close to the zonal mean sea-surface
temperatures, which is generally true.
Ts = TO + T2 P2  (4.3)
The expansion coefficients To and T2 are determined separately in the Northern and
Southern hemispheres, P2 is the second Legendre polynomial.
The atmospheric heat transport is the sum of sensible and latent heat fluxes. The heat
transport parameterization focuses entirely on mid-latitude eddies, it neglects changes in
the mean-meridional circulation in low latitudes.
Hd(35'N/S) = 2,rr cos(q$) f (paCv'T' + paLvv'q') dz (4.4)
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where z represents the depth of the atmosphere, Pa is the atmospheric density, L, the la-
tent heat of condensation, C, the specific heat of dry air, q is the specific humidity, v is the
meridional velocity and T the potential temperature. The overbar represents a zonal and
time mean, while primes are the deviations from the time average. Both the eddy sensi-
ble and latent heat transport parameterizations are based on baroclinic instability theory
(Held, 1978; Stone and Miller, 1980) and take the form of a power law of the temperature
gradient at 35 N/S. The latitudinal pattern of atmospheric heat transport is specified from
observations (Trenberth and Solomon, 1994; Schmitt et al., 1989; Reeh, 1994; Perry et al.,
1996), its intensity is determined by the sum of eddy sensible and latent heat transport at
35 N/S:
-5420 +C )8T *Hd(35'N/S) = 27rrcos(#) (LvCFe ia S) (4.5)
CF and Cs are the eddy latent and sensible transport coefficients. n = 2.5 is the value
appropriate for 35 N/S.
4.2.2 Freshwater Flux
The flux of freshwater per unit area into or out of the ocean is given by the divergence of
the atmospheric transport of water vapor (f,). The observed runoff (R) of freshwater from
land is added to complete the atmospheric water budget:
Evaporation - Precipitation - Runoff = * -- R (4.6)
ay
The atmospheric moisture transport parameterization relies on the same empirical and
theoretical concepts as the one for the heat transport (Stone and Yao, 1990):
fm(35'N/S) = 21rr cos(#) / peov'q'dz (4.7)
-- 6420 Tfw(35'N/S) = 27rr cos(#)CFe T - (4.8)ay
While the intensity of the atmospheric freshwater transport is determined by equation
4.8, the latitudinal distribution is specified from observations (Jiang et al., 1999). In order
to maintain a stable meridional overturning circulation in the Atlantic in the coupled runs,
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separate profiles are used for the Atlantic and Pacific basins. A common profile is used over
the Southern Ocean.
The runoff R is derived from observations (Perry et al., 1996; Jiang et al., 1999). In
order to maintain a balanced hydrological cycle and avoid a net gain or loss of mass in
the oceans, the runoff is scaled at each time step by the ratio 6 between Precipitation -
Evaporation and Runoff in the coupled model simulations.
4.3 Model Spinup and Coupling
The ocean model is spun up from rest in an uncoupled mode by imposing a Haney type
boundary condition on the temperature tendency equation and a virtual salt flux on the
equation determining the evolution of the salinity field (Haney, 1971). The model requires
approximately 3000 years for the deep ocean to equilibrate with the forcing. The ocean's
surface is relaxed toward an apparent atmospheric temperature T* on a A- 60 day time
scale. T* can be interpreted as the temperature that the air would have in the absence of
any transport of heat by the ocean. It is approximated by T* = Toob - - where Tob, is
the Levitus sea surface temperature field. The boundary conditions can be summarized as
follows:
Fw = (E - P - R)obs (4.9)
Q = As(T - T*) = Qobs + As(T - Tob,) (4.10)
Qobs and (E - P - R)ob, are the fields derived by Trenberth and Solomon (1994); Schmitt
et al. (1989); Reeh (1994); Perry et al. (1996), they are shown for reference in figure 4-1.
The freshwater forcing field derived from observations has large uncertainties. The
choice was made not to "correct" the flux by imposing a term relaxing salinities towards
observations. This decision was made both because of the unphysical nature of that type
of boundary condition: the moisture flux is in no way affected by the salinity, and because
of the desire to keep the boundary conditions for the "ocean only"- imulations as close as
possible to those of the coupled energy and moisture balance atmosphere - ocean model.
The energy and moisture balance model model is coupled by changing the surface bound-
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Figure 4-1: Top: Ocean - atmosphere heat flux Qobs in W m- 2. Bottom: Precipitation +
Runoff - Evaporation in cm y- 1 .
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ary conditions to the following form:
Fw = (E - P)mod - 6 - Robs * (4.11)
f 60a 8 (P - E) d # d A
f 3600 f 80R0 
#df 80 o0 Rd~ A
Q = Qmod + Am(T - Tzon) (4.12)
The subscript mod indicates that the flux is calculated by the energy and moisture balance
model described in equations 4.1 and 4.6. The relaxation of the sea surface temperature
towards its zonal mean, Tzon, on a Am' = 60 day time scale is added to reproduce the
effect of the atmospheric circulation, which is predominantly zonal, in homogenizing the
temperature at the ocean's surface (Kamenkovich et al., 2000a). The observed runoff is
from Reeh (1994); Perry et al. (1996).
4.4 Equilibrated State
The ocean model is spun up from rest for 3000 years. The coupled form of the model is
then integrated for a further 3000 years to allow for a complete equilibration.
4.4.1 Temperature
The sea surface temperature at the end of the spinup period (not shown) is similar to the
Levitus climatology, Fig. 4-2 . This can be expected from the presence of a relaxation
term in the surface heat flux parameterization at that stage. The temperature extrema are,
however, more than a degree larger than observed.
The temperature after coupling and equilibration, shown in Fig.4-3, has a much more
zonal structure. This was a foreseeable result in view of the zonal nature of the energy
balance model and of the relaxation of the sea surface temperatures to the zonal mean.
The effect of the Gulf Stream and North Atlantic currents on the temperature distribution
are, however, still clearly visible: isotherms are deflected northward in the Western Atlantic
along the east coast of the United States and in the eastern North Atlantic near Scandinavia.
The choice of the relaxation time scale to the zonal mean temperature has relatively little
impact on the distribution of the isotherms, provided the time scale is between two months
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Figure 4-2: Sea surface temperature climatology, in 'C (Levitus and T.P.Boyer, 1994b)
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Figure 4-3: Sea surface temperature in the coupled model after 3000 years of coupled
integration, in 'C
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and a year. The temperature maximum in the subtropics is close to observations, while the
minimum is too low by a little over a degree.
The global average sea surface temperature differs by less than O.3 C between the ocean-
only and the coupled cases, both are also very close to the observations: SSTb = 18.6 C
4.4.2 Salinity
Sea Surface Salinity, Levitus
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Figure 4-4: Sea surface salinity climatology (Levitus and T.P.Boyer, 1994a)
There exist regionally strong contrasts between the Levitus climatology, Fig. 4-4, and
the salinities obtained at the end of the spinup run, Fig. 4-5: there is no relaxation term
and the surface salinities depend entirely on the freshwater flux. The sea surface salinities
diagnosed at the end of the spinup run are generally in good agreement with observations
in the Atlantic basin. The Pacific Basin is, however, fresher than observed, in particular
close to South-East Asia and Australia and in the Northeast Pacific. The Southern Ocean
suffers from the same discrepancy. The global average sea surface salinity is 1.7 lower than
observed, which is compensated by greater salinities at depth. Deviations in salinity are a
common problem in ocean GCM's forced with freshwater or virtual salt fluxes (Jiang et al.,
1999), partly because those fluxes are poorly known (Schmitt et al., 1989) but also because
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of the dependence of the ocean dyamics on the subgrid scale parameterizations.
Amending the boundary condition on the salinity tendency equation by adding a term
relaxing the salinities to observations in the manner of Large et al. (1997) would correct
this drift, even for relaxation time scales as long as two years (Jiang et al., 1999). The
unphysical nature of the salinity relaxation terms would severely compromise the ocean
feedbacks, which the adjoint analysis is seeking to explore. Preventing the freshening of
the regions surrounding Antarctica would, however, have allowed the formation of more
Antarctic Bottom Water.
The coupled model maintains most of the features observed at the end of the spinup
run, albeit in a slightly more zonal form. The salinity gradient in the Northeast Pacific
and in the South China Seas have been slightly reduced', but the salinity gradient in the
Northern Atlantic is still too weak and the Southern Ocean still too fresh. The overall sea
surface salinity is, however, closer to observations than the ocean only case by 1.
4.4.3 Meridional Overturning Circulation and Oceanic Heat Transport
The intensity of the meridional overturning circulation in the Atlantic is best compared
to the estimates of 17 Sv derived at 24'N by Roemmich and Wunsch (1985); Ganachaud
and Wunsch (2000) and of 27 Sv at 55'N estimated with inverse modeling methods by
Macdonald and Wunsch (1996). The meridional overturning circulation peaks at 29 Sv close
to 55'N at the end of the spinup run, it is 17 Sv 24"N, Fig 4-7. The peak intensity decreases
by 3 Sv after coupling in the energy and moisture balance model while the transport at
24'N increases by 2 Sv, Fig 4-8. These changes are relatively minor and indicate that the
coupled model establishes a steady state, which is similar to the stable state obtained at
the end of the ocean's spinup. The absence of drift in the coupled model can be attributed
to the model's construction and to the coupling procedure. The energy balance model re-
calculates the magnitude of the atmospheric transports at every time step. The latitudinal
distribution of the fluxes of heat and freshwater were, however, derived from the observations
used as surface forcing fields in the ocean only model. There are, therefore, no dramatic
changes in the forcing after the energy balance model is coupled to the ocean.
The heat transported by the ocean can be partitioned between the heat advected by the
1the salinity minimum of 17 is due to the discharge of the Amazon which is geographically much more
concentrated than in the E-P-R field used to spin up the ocean model
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Figure 4-5: Sea surface salinity in the uncoupled ocean model (no atmosphere) after 3000
years of integration. The surface boundary conditions are 4.9 and 4.10
Sea Surface Salinity, Coupled Model
LEVEL = 25M
(MIN = 17.9psu & MAX= 37.7psu)
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Figure 4-6: Sea surface salinity in the coupled model after 3000 years of coupled integration
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Figure 4-7: Meridional streamfunction in the ocean (no atmosphere) model, in Sv. Top:
global streamfunction integrated across the basins. Middle: streamfunction in the Atlantic
basin. Bottom: streamfunction in the Pacific.
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Figure 4-8: Meridional streamfunction in the coupled model, in Sv. Top: global stream-
function integrated across the basins. Middle:streamfunction in the Atlantic basin. Bottom:
streamfunction in the Pacific. The boxed in area and section represent the diagnostics used
in chapter 5.
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I I I I
40ON 240N 300S
Atlantic
Ganachaud and Wunsch (2000) 0.6 1.3 0.3
Hall and Bryden (1982) 1.2
Trenberth and Solomon (1994) 0.5 1.1 0.2
Jiang et al. (1999) 1.0 1.2 0.6
Ocean model 0.8 1.0 0.4
Coupled model 0.8 0.9 0.2
Indo-Pacific
Ganachaud and Wunsch (2000) 0.0 0.5 -1.2
Bryden et al. (1991) 0.7
Trenberth and Solomon (1994) 0.2 1.1 -1.8
Jiang et al. (1999) 0.0 0.8 -1.2
Ocean model 0.1 0.3 -1.0
Coupled model 0.0 0.4 -1.1
Total
Ganachaud and Wunsch (2000) 0.6 1.8 -0.9
Hall and Bryden (1982),Bryden et al. (1991) 2.0
Trenberth and Solomon (1994) 0.7 2.2 -1.6
Jiang et al. (1999) 1.0 1.9 -0.6
Ocean model 0.9 1.3 -0.6
Coupled model 0.8 1.3 -0.9
Table 4.1: Estimates of the total heat transport by the ocean across
in the Atlantic and Indo-Pacific basins and globally, in PW.
400 N, 240 N and 300 S
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zonal mean circulation (pocp foL fH 'iT dz dx), essentially the meridional overturning circu-
lation, and the heat transported by deviations from the zonal mean,(pocp foL f2H VH
essentially the heat advected by the gyre. This partitioning is very similar in both model
setups: at 24'N, the meridional overturning advects 1.1 PW northward in the Atlantic
and the gyre contributes 0.1 PW of southward heat transport. The total heat transport
in the Atlantic is within the uncertainty of the estimates derived by Macdonald and Wun-
sch (1996); Ganachaud and Wunsch (2000) with inverse modeling methods, Trenberth and
Solomon (1994); Jiang et al. (1999) from analysis of meteorological data or Hall and Bryden
(1982) and Bryden et al. (1991) from hydrographic section data. The good agreement with
observations suggests that the parameterization of the transport of heat by eddies is ade-
quate and that unresolved motions, such as boundary jets, make no significant contribution
to the total heat transport. The dependency of the heat transport on the model resolution
is, however, a topic, which requires further study.
The zonal relaxation time scale in the coupled model has relatively little impact on the
amount of heat transported by the ocean in the Atlantic: The heat transported by the
meridional circulation decreases by 0.2 PW when the zonal relaxation time scale increases
from two to six months, this if offset by a similar increase in the southward gyre transport.
This indicates that the two month relaxation time scale does not prevent the Western
Boundary Current, and the Gulf Stream in particular, from developing the structure that
it would attain in the absence of such a constraint.
Both models underestimate the heat transported by the Pacific and Indian Oceans, this
explains why the overall oceanic heat transport at 240 N is smaller than most observations.
The atmospheric component of the coupled model transports 3.5 PW of heat in the
northern hemisphere and close to 4 PW in the southern hemisphere, both directed towards
the poles. This is slightly more than observations suggest (Peixoto and Oort, 1992).
4.5 Summary
The characteristics of the ocean and coupled models are similar, notably the intensity of the
meridional volume transport and the ocean' heat transport. The upper ocean temperature
structure is slightly more zonal in the coupled model. Both models exhibit similar deviations
from the observed sea surface salinity field.
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Chapter 5 will examine the response of these models, when they are subject to pertur-
bations in the parameters and boundary conditions thought to control the intensity of the
meridional overturning circulation. The overall intensity of the overturning is sufficiently
close to observations, and certainly within the range of uncertainty of +6 Sv given by Mac-
donald and Wunsch (1996), for the model results to be considered adequate starting points
for further calculations.
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Chapter 5
What Drives the Meridional
Overturning Circulation?
5.1 Introduction
This chapter examines the sensitivity of the meridional overturning circulation in realistic
geography models to parameters, for example diapycnal mixing, and surface boundary con-
ditions. The objective is to use the results obtained with the adjoint model to review several
theories, which have been elaborated to explain the intensity of the meridional overturning
circulation and its associated heat transport.
5.1.1 Rate Limiting Mechanisms
The mechanisms illustrated schematically in Fig.5-1 are thought to play a role in setting
the overturning strength.
" Heat and freshwater fluxes exert a direct control over the buoyancy of the surface
water in the Northern Atlantic, hence on convection and downwelling in the Labrador,
Norwegian and Greenland Seas (Broecker et al., 1985). These fluxes can also influence
the overturning through atmospheric and oceanic feedback effects (Nakamura et al.,
1994; Marotzke and Stone, 1995).
" By transporting heat through the thermocline, diapycnal mixing can balance the
upwelling of abyssal waters (Munk and Wunsch, 1998). Wind and tides are thought
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Figure 5-1: Illustration of three mechanisms thought to drive the meridional overturning
circulation. The thin lines represent the meridional streamfunction.
to supply the energy for the mixing process through internal wave fields. In this model,
the mixing intensity is prescribed as an effective diffusion coefficient. The effect of
changes in the wind stress on mixing rates is therefore not taken into account.
9 Wind stress has been proposed (Toggweiler and Samuels, 1995; Gnanadesikan, 1999) as
possibly determining the steady-state intensity of the overturning circulation through
its dynamical control of upwelling in the Southern Oceans.
Each section of this chapter will address one of these three hypotheses by analyzing the
results of the ocean model forced with mixed boundary conditions and of a coupled ocean -
EMBM system. A brief section discusses the conflicting results obtained with the different
versions of the model in the western boundary current region. The end of the chapter will
seek to compare quantitatively each of these mechanisms and their role in determining our
knowledge of the meridional overturning circulation.
5.1.2 Application of the Adjoint
The adjoint model provides the sensitivity of a diagnostic, here the strenght of the merid-
ional overturning circulation, to all model parameters and boundary conditions in a single
integration. It is therefore theoretically ideally suited to determine the relative importance
of parameters and boundary conditions in controlling the intensity of the overturning cir-
culation, provided certain conditions are met.
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The first restriction is purely computational. It is not practical, at this point, to integrate
the adjoint model, even in a coarse resolution, for more than a few hundred years. The
sensitivity fields seem to have equilibrated by year 200 - 300 (see chapter 2 for a detailed
description of the equilibration process). This does not perfectly guarantee that the ocean's
slowest processes, such as slow upwelling in the Pacific, would not have an impact on the
meridional overturning on longer time scales (Danabasoglu et al., 1996). The integrations
presented in this chapter have been carried out for 400 years, and the assumption is made
that the dominant signals have become visible by that point.
The second restriction relates to uncertainties in the surface boundary conditions, such
as wind stress, and in the model parameters, such as diapycnal mixing. A quantitative
comparison of the effect of perturbations in the parameters on the overturning's intensity
requires the multiplication of the sensitivities obtained with the adjoint model with a per-
turbation in the field or parameter (e.g. A4MAX = NgA ATz). While the uncertainty
and the natural variability in fields such as wind stress is quantifiable, other fields are much
less precisely known, for example the globally averaged value of the diapycnal mixing is
unknown to a factor of three or more (Gregg, 1987). Furthermore, there exists convincing
evidence that mixing may vary significantly with geographic location (Polzin et al., 1997).
This leads to the third caveat. While the underlying model trajectory may be nonlinear,
the adjoint method does require the perturbation growth to be linear. This, theoretically,
restricts the validity of the analysis to small perturbations in the underlying fields. The
validity of the linearity assumption may also be location dependent, a 10% perturbation in
the heat flux that leads to a linear model response in the tropics can change the convection
pattern in the Labrador Sea, with strongly nonlinear consequences. The meridional over-
turning circulation is known to be unstable, when subject to large increases in the freshwater
forcing in high latitudes (Rahmstorf, 1995). The steady-state of the ocean model is, how-
ever, not near a bifurcation point; it does not collapse when small perturbations are added
to the forcing fields. Because the adjoint represents a linearization around the model's
steady-state, it does not "know" about the model's bifurcation points.
5.1.3 Cost Functions
Two different diagnostics of the circulation are used to verify the robustness of the solutions.
The first is the average value of the meridional streamfunction in the neighborhood of its
maximum (@MAx), between # = 52 and 600 N at depths between 1055 and 1395 m in the
Atlantic basin. These diagnostics are calculated by summing properties over the discrete
grid of the numerical model, they are represented here as integrals for convenience:
fA2f ZB
)(#, z) = r. cos(#) - v dz' dA' (5.1)
1MAX = Vi(52 - 60' N, 80 - 0' W, 1055 - 1395 m) (5.2)
The second diagnostic is the amount of heat transported by the zonally averaged circu-
lation at 240 N in the Atlantic. This term represents over 90% of the total heat transport
in the Atlantic.
HT(240 N, 80 - 00 W) = r - cos(24 0N)- UT dz' d' (5.3)
Both diagnostics were highlighted in Fig.4-8.
These two diagnostics should allow the separation between the sensitivity patterns,
which are independent of the precise choice of the cost function and truly related to the
intensity of the overturning, from those that can be related to the local definition of the
diagnostic. The robust patterns can be expected, a priori, to have the same sign since both
the heat transport at 240 N and the maximum value of the streamfunction are positive.
5.1.4 Sensitivity to Time Dependent Forcing
In its uncoupled configuration, the ocean model is forced by a flux of freshwater that is fixed
in time. The adjoint solution is therefore equivalent to the difference between the effect on
1MAX of an infinitesimal perturbation in the water flux applied at a single point and
maintained throughout the integration and an unperturbed run, divided by the magnitude
of the perturbation. In the coupled model, the freshwater flux is recalculated by the energy
and moisture balance model at every time step. The adjoint sensitivity is therefore an
initial value sensitivity, it corresponds to a perturbation applied for one day only. In order
to reconstruct the sensitivity to a permanent perturbation and compare the result obtained
in the coupled model to the uncoupled one, sensitivities need to be integrated over time.
__MAX T 0MAX dt &4bMAX At (5.4)
aFw fo aFw t t= Fw t
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To obtain an accurate pattern, initial value sensitivities were calculated on a monthly
basis for the first year, yearly for the next nine and every 25 years for remaining 390 years.
These intervals are sufficient to capture the evolution of the sensitivity. Using day-to-day
instead of monthly sensitivity maps for the first year did not change the results significantly
(not shown).
The same procedure is used to calculate the sensitivity to the heat flux forcing in the
coupled model. The heat flux sensitivity in the stand alone ocean model requires a similar
procedure because of the time dependent sensitivity to the surface temperature:
9aMAX _ 9 MAX NQobs0 MAX OT 19bMAX O9Tobs _ 90MAX s =T MAX At MAX
9Q 9 Qobs Q+ 0T0  0Q+ OTobs - N9 obs \ DT t=- a Tobs
(5.5)
As in equation 5.4, the sensitivity to the surface temperature needs to be integrated
over time. In practice, the sensitivity to the surface temperature (OA)) drops off quite
rapidly. The climatological sensitivity is therefore primarily determined by the boundary
value sensitivities to the observed heat flux and restoring temperature.
5.2 The Role of Buoyancy Forcing on Convection and Down-
welling
Deep oceanic convection in the North Atlantic is driven by localized intense cooling events
in the Norwegian, Labrador and Greenland Seas. The near-surface buoyancy loss desta-
bilizes the water column, which overturns and becomes vertically homogeneous on fairly
rapid time scales (Jones and Marshall, 1993; Marshall and Schott, 1999). The hypothe-
sis originally suggested by Stommel (1961) and later Broecker et al. (1985), and adopted
by many authors (Broecker et al., 1990; Zaucker et al., 1994; Manabe and Stouffer, 1995;
Weaver, 1995; Rahmstorf, 1995) is that convection drives the meridional overturning circu-
lation by forcing a southward flow at depth through mass convergence in the downwelling
branch. This argument often implicitly assumes that convection and downwelling are some-
how synonymous, and that increasing convective activity would automatically enhance the
mass transport in the downwelling branch of the meridional circulation. Convection and
downwelling may not be as intimately tied as often assumed, the rate at which convection
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neutralizes the stratification can be varied by several orders of magnitude without affecting
the actual volume transport associated with the overturning streamfunction (Marotzke and
Scott, 1999). Highly idealized simulations show that convective mixing and downwelling
are not necessarily co-located. The deepest convection in rectangular basins tends to take
place in the northwest corner where the surface water is densest, downwelling usually takes
place in the northeast corner where the zonal flow impinges on the boundary (Marotzke
and Scott, 1999). In these studies, it is the zonal density and pressure differential set up by
the convection and downwelling patterns, which drives the southward flow of the abyssal
waters.
The ocean's abyss is filled with 2.5 - 3*C water in both the ocean and coupled models.
This is the temperature of the convecting water, which is forced primarily in the Labrador
and Greenland Seas in the ocean model and in the Labrador Sea in the coupled model.
Water downwells along the Norwegian coastline, at temperatures of 4 - 6C.
5.2.1 Model Results
Heat Flux
The sensitivity pattern to the heat flux forcing is similar in both uncoupled, Fig.5-2 (top),
and coupled cases, Fig.5-4: both peak in the northern part of the Atlantic basin where
convection is taking place. The maximum is in the Greenland Sea in the uncoupled version
of the model and in the Labrador Sea in the coupled version. This is related to slightly
different convection patterns in the two configurations of the model. The large positive
values in the Labrador and Greenland Seas can be attributed to the direct effect of a
perturbation in the heat flux on the buoyancy of the surface and abyssal waters. The sign
of the sensitivity is such that an increase in the loss of heat by the ocean to the atmosphere
(AQ > 0) leads to an increase in the magnitude of the streamfunction (A'/MAX > 0).
The pattern of sensitivity to the heat flux is quite robust to the definition of the di-
agnostic, high sensitivities are observed in the Labrador and Greenland Seas regardless of
the definition of the cost function (see Fig.5-2 and 5-3). The band of negative sensitivi-
ties, which can be observed at 240 N in the eastern Atlantic in the map of sensitivity of
the heat transport to the temperature forcing (Fig.5-3), can be attributed to the direction
of the currents in that region. The basin mean meridional flow is northward through the
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Figure 5-2: Sensitivity of the maximum value of the streamfunction @IMAX to the heat flux:
a90MAX in SV W-I m 2 and to the freshwater flux: awa^x in Sv m- s in the ocean model.
The model's boundary conditions are F, = (E - P - R)b, and Q = Qobs + As(T - Tobs).
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thermocline at 24' N. Heating the ocean's surface (AQ < 0) south of that latitude will
therefore enhance the overall heat transport. The negative sensitivity values are explained
by the fact that the heat flux is positive when the ocean loses heat to the atmosphere and
negative when the ocean gains heat.
The flow patterns at depth (not shown) shows currents connecting the convection site
with the deep western boundary current. The density of the deep western boundary current
is therefore primarily determined by convection in the Labrador and Greenland Seas, hence
the large sensitivities at those sites.
Sensitivity of the Heat Transport @ 24 N - Ocean
Heat Flux (Min =-16.3 10~5 PW W~ m2; Max= 11.3 10~5 PW W' m2)
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Figure 5-3: Sensitivity of the heat transport at 240 N to the heat flux: HT in pW W 1 m
2
in
in the ocean model. The model's boundary conditions are F, = (E - P - R)obs and
Q = Qobs + As(T - Tos).
Advective ocean temperature feedbacks do not play a role in the uncoupled model.
An increase in the heat gain in the sub-tropics or mid-latitudes will, in theory, increase
the northward heat transport, thereby raising high latitude temperatures and consequently
weakening the overturning. As noted by Nakamura et al. (1994), this feedback is weak
if the relaxation time scale imposed on the sea surface temperature is short, which is the
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case in these simulations. A simple scale analysis suggests that information is lost with an
e-folding time scale equivalent to the relaxation time scale. Even the most rapid currents in
the model (0(0.1 ms-')) will not be able to transport information over more than 500 km
without seeing most of it dissipate. This explains why the region where large sensitivities
are observed is confined to the neighborhood of the convection site, where perturbations
can rapidly influence the cost function and the density of the abyssal waters.
Sensitivity of the Meridional Overturning - Coupled
Heat Flux (Min = -0.002 Sv W~ m ; Max = 0.010 Sv W~1 m)
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Figure 5-4: Sensitivity of the maximum value of the streamfunction VpMAX to the heat
flux: MA'5X in Sv W- 1 m 2 in the coupled ocean, energy and moisture balance model. The
model's boundary conditions are F, = (E - P)mod - Robs and Q = Qmod - Am(T - Tzon).
The atmosphere communicates information across and between basins much more rapidly
than the ocean. In the energy balance model used for this study, information about a change
in the sea-surface temperature at any location is in fact communicated to the rest of the
world instantaneously through changes in atmospheric heat and water transport. The role
played by atmospheric transport is evident from the zonally banded structure of the sensi-
tivity pattern in Fig.5-4. This zonally homogeneous sensitivity is clearly superimposed onto
the ocean-only sensitivity map shown in Fig.5-2. Sensitivities in the northern hemisphere
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are slightly positive in the 0 - 350 N latitude band, they are slightly negative between 35
and 550 N and in the extreme northern part of the Atlantic basin.
Adding heat into the ocean in low latitudes (A Q < 0) increases the equator to pole
temperature contrast, and by extension the South to North heat and moisture transport
(see equations 4.5 and 4.8 for the exact mathematical representation). This has two effects,
the first is to increase high latitude temperatures, the second is to decrease the salinity in
that region. Both contribute to increasing the water's buoyancy near the sites of convection.
The sensitivity field obtained in the ocean-only case (Fig.5-2) indicates that this will inhibit
the overturning.
The reverse logic applies north of 350 N, where increasing the flux of heat into the ocean
will reduce the North-South temperature gradient and its associated energy and moisture
transport. This in turn decreases the buoyancy at the convection site, thereby increasing
the overturning.
The band of positive sensitivities that extends from 55* to 700 N across the Atlantic
and Pacific basins is due to the term, which restores sea surface temperatures to their zonal
mean on a sixty day time scale (Q = Qmod+Am(T -Tzon). Cooling of the ocean anywhere in
that latitude band decreases this zonal mean temperature, thereby increasing the heat loss
by the ocean and intensifying the overturning. This added feature contributes to enhancing
the maximum sensitivities in the northern Atlantic in the coupled model.
Because of the zonal nature of the atmospheric model, a perturbation imposed in the
subtropical Pacific has the same impact on atmospheric transport and buoyancy in the
northern Atlantic as a perturbation in the subtropical Atlantic. The instantaneous and
absolute nature of this transport is clearly one of the less realistic features of the model,
its only real objective is to represent the role played by the atmosphere in homogenizing
temperatures, in both the zonal and meridional directions. The model was elaborated with
integrations over time scales of decades or more or mind. It reproduces the rapidity of
transport by the atmosphere, when compared to the ocean, on climatological time scales.
Modeling studies have shown that rapid atmospheric teleconnections can link changes in
one basin to the others over short time scales (Mikolajewicz et al., 1997).
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Freshwater Flux
The sensitivity of the overturning to the net freshwater forcing in the uncoupled and coupled
models are shown in Fig.5-2 (bottom panel) and Fig.5-5, respectively. Both patterns have
a clear maximum in the polar region which is co-located with the maximum sensitivity to
the heat flux forcing. The peak is approximately twice as large in the coupled model and
located in the Labrador Sea instead of the Greenland Sea.
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Figure 5-5: Sensitivity of the maximum value of the streamfunction /MAX to the freshwater
flux: aF^X in So m-- s in the coupled ocean, energy and moisture balance model. The
model's boundary conditions are F = (E - P)mod - Robs and Q = Qmod + Am(T - Tzon)
While the efficiency of heat advection was limited by the formulation of the boundary
condition in the ocean model, the flux boundary condition on the surface salinity does
not impose any constraint on the oceanic salt advection feedback. This explains the sensi-
tivities to freshwater forcing in the equatorial and tropical regions when compared to the
sensitivity pattern to the heat flux forcing, which was concentrated in high latitudes. The
salt advection feedback is positive: the overturning contributes to the transport of fresh-
water anomalies toward the pole, where it can weaken the overturning, thereby reducing
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the advective mechanism (Marotzke and Stone, 1995). The sign of the sensitivity is indeed
everywhere such that a positive salinity perturbation (AF, > 0, i.e. more evaporation or
less precipitation) increases the overturning.
The role played by advection is evident from the sensitivity map shown in Fig.5-2 (bot-
tom): moderate sensitivity values are seen extending westward from the Drake passage into
the Antarctic Circumpolar Channel and eastward from the Cape of Good Hope into the
Indian Ocean. These sensitivities extend beyond the Indonesian throughflow to the tropical
Pacific. The Indian Ocean sensitivities are particularly interesting, they extend only as far
south as the latitude of the Agulhas current, which feeds water into the Atlantic basin.
This indicates that the waters located south of 400 S can only enter the Atlantic basin via
the Drake Passage after an eastward track in the Antarctic Circumpolar Channel. The
sensitivities obtained with the coupled model, when plotted on the same scale as Fig.5-2,
exhibit very similar advective pathways.
The time taken for this pattern to develop supports the notion that advection plays an
important role. It takes approximately fifty years for the signal to appear at the southern
tip of Africa, and close to one hundred years for it to extend to the Indonesian throughflow.
These time scales translate into a speed of 7 - 8 mm s-1, which is close to the average near
surface flow velocity.
The pattern calculated with the coupled model (Fig.5-5)differs only in a few locations
from the ocean-only case. This indicates that oceanic advective effects are the primary
source of the sensitivity, a logical consequence of the fact that salinity perturbations have
no direct impact on the atmospheric heat and moisture transport. The band of negative
sensitivities in the Northern Atlantic extends westward from one of the sites, where much
of the downward mass transport originates. This is a pattern reminiscent of the one shown
in Fig.3-21 (bottom right panel) under flux boundary conditions in an idealized framework.
Figure 3-21 showed a clear path between surface warming, advection along the northern
edge of the subtropical gyre, downwelling at the eastern boundary and the strength of the
meridional overturning circulation. The same connection between a warming of the eastern
boundary and a stronger vertical shear in the meridional flow can be made in the realistic
geography model. It is not clear why there is an area of negative sensitivities in the northern
Pacific, but salinity perturbations must somehow induce a temperature response that affects
the atmospheric transport. These sensitivities cannot be related directly to the meridional
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streamfunction, since the cost function is calculated in the Atlantic basin only.
5.2.2 Discussion
Three hypotheses can be considered to link temperature and salinity perturbations to the
overturning. The first relates changes in buoyancy to the "efficiency" of convection, and by
extension downwelling and the overturning (Rahmstorf, 1994). This concept does, however,
require some clarification. The role of convection is to set the density of the deep western
boundary current and of much of the western boundary. The water downwells, in this model,
primarily between the UK and Iceland and along the Norwegian coast. This determines the
density along the eastern boundary. The downwelling water spreads westward at depths
between 1000 and 2000 m, this is shown in Fig.5-6 in the coupled model. A more precise
definition for the "efficiency" of convection is really the control, which it exerts on the
zonal density contrast below the thermocline (Marotzke, 1997). The advection of buoyancy
perturbations, by the Gulf Stream in the subtropical gyre and by the eddy induced transport
of tracers at higher latitudes, towards the sites of convection and-downwelling, is a -keyL
determinant of the sensitivity patterns. Atmospheric feedbacks play an added role in the
coupled model in determining the global sensitivity pattern to heat flux perturbations.
These results support the notion that the meridional overturning circulation is thermally
driven (Rahmstorf, 1996). The circulation is inhibited by a net input of freshwater. The
sign of the sensitivity to the freshwater flux would be reversed if the circulation was driven
by both thermal and haline forcings.
The second hypothesis focuses on the influence of temperature and salinity perturbations
on the density of the abyssal water, and by extension on the amount of energy, which must be
supplied to upwell these waters. One would, however, expect that increases in density would
increase the requisite energy, or, for constant mixing energy, decrease the overturning. This
is not observed. The third hypothesis links surface freshening or increases in temperature,
notably in the tropics, to a decrease in the buoyancy differential between surface and subi-
thermocline waters. By extension, this would allow more upwelling for a given energy
input (Huang, 1999). The positive sensitivities to heat loss and evaporation contradict this
hypothesis. Hypotheses two and three, and whether the meridional overturning circulation
is "pushed down" or "pulled up", (Marotzke and Scott, 1999) will be revisited in the section
devoted to mixing.
141
Temperature @ 1250 m., Coupled Model
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Figure 5-6: Temperature at 1250 m in the coupled model
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5.3 Mixing and Tropical Upwelling
The ocean is heated at a higher geopotential than it is cooled. This simple thermodynamic
argument known as Sandstr6m's theorem should confine the meridional overturning to a
thin surface layer, leaving the abyss motionless (Sandstr~m, 1908). A deep circulation can
only exist if the geopotential of the heating is lowered (Jeffreys, 1925). This can be achieved
by mixing heat downwards, through turbulent breaking of internal gravity waves (Gregg,
1987; Polzin et al., 1997), a process parameterized by diapycnal diffusion in coarse reso-
lution models (yrnd where z' is the direction perpendicular to the isopycnal surface).
Tides and wind stress are thought to provide the source of energy required to generate
the ocean's internal gravity wave spectrum (Munk and Wunsch, 1998). The parameteri-
zation of mixing in terms of a constant diffusion coefficient neglects the influence of wind
and tides on the mixing rate. The sensitivity of the overturning to wind stress therefore
also fails to include its influence on mixing. While the deep ocean may be close to a ver-
tical advective-diffusive balance, with upwelling of abyssal water being compensated with
downward diffusion of heat, the upper ocean certainly is not (see e.g. Samelson and Vallis
(1997)). Ekman upwelling in the regions of wind stress divergence can, for example, influ-
ence the vertical velocity field and the structure of the thermocline (Vallis, 2000), while the
horizontal advection terms often dominate the heat budget.
The adjoint analysis has the potential to highlight the geographical locations and depth
in the water column where the meridional overturning circulation exhibits the greatest
sensitivity to diapycnal mixing. A number of studies, notably Ledwell and Hickey (1995);
Ledwell and Bratkovich (1995), point to large spatial inhomogeneities, with mixing being
concentrated along boundaries and mid-oceanic ridges. Diapycnal mixing is, however, a
spatially uniform parameter in the model used for this analysis. It is, therefore, possible
that the present adjoint model is generating large sensitivities to mixing in regions where
the background mixing should in fact be very small.
5.3.1 Model Results
The pattern of sensitivity to a column by column perturbation in the value of diapycnal
mixing is shown in Fig.5-7 for the ocean model. The top panel represents the sensitivity
when the cost function is the streamfunction maximum, the bottom panel shows it when the
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diagnostic is the heat transport at 24* N. Fig.5-8 is the sensitivity of bMAX to diapycnal
mixing in the coupled model.
The sensitivity pattern is very robust, both to a change in cost function and to coupling
to the atmosphere. The equatorial and tropical regions dominate in all cases, in particular
the 10* S - 150 N latitude band. The pattern robustness does not, however, extend into
the western boundary current. The conflicting signals about the importance of this region
in determining the overturning will be dealt with in a later section. The importance of the
equatorial region can be traced to large sensitivities in the near surface layers, between 100
and 200 m. The connection to the wind stress divergence and Ekman up- and downwelling
patterns is therefore a logical one. The effect of Ekman upwelling is to compress isopycnals
in the equatorial region, thereby increasing the efficiency of the downward diffusion of heat.
This process is particularly effective in the eastern part of the basin, where the easterly
wind stress further lifts the thermocline, while it deepens it in the western part of the
basin. Sensitivities are weaker outside of the band of Ekman upwelling because of the
decrease in stratification associated with the downward motion.
There are two key differences between the coupled and uncoupled models. The stream-
function maximum is more sensitive to changes in the equatorial diffusivity when atmo-
spheric feedbacks are included, and the sensitivities extend into the Pacific and Indian
Oceans. The role played by the atmosphere is straightforward. Increasing diffusivities in a
positively stratified environment will draw heat downward from the surface, thereby cooling
it. This, in turn, reduces the meridional temperature contrast and its associated heat and
moisture transport. The net result is to reduce the buoyancy of the water in the North
Atlantic. The sensitivity analysis of the overturning to buoyancy forcing indicates that this
will increase the intensity of the overturning circulation. This process is reversed North
of 350 N, thus explaining why the sensitivity bands are negative in mid-latitudes. The
sensitivity pattern to wind stress (Fig.5-9) is in many respects similar to the sensitivity to
mixing, and can be explained by the effect of wind stress perturbations in inducing local
upwelling and cooling of the surface.
5.3.2 Discussion
The adjoint model confirms the sensitivity studies of Scott and Marotzke (2001), which
indicated that the overturning was most sensitive to changes in mixing in the tropics. The
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Figure 5-7: Sensitivity of the maximum value of the streamfunction @MAX to a column by
column perturbation in the diapycnal mixing in the ocean model. Top: C90 aAX in Sv m-2S.
Bottom: aHT2 4 oN inPW m 2 s. The model's boundary conditions are F, = (E - P - R)obs
and Q = Qobs + A, (T - Tobs).
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Sensitivity of the Meridional Overturning - Coupled
Diapycnal Mixing (MIN = -1066.94 Sv m-2 s & MAX = 1167.95 Sv m~ s)
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Figure 5-8: Sensitivity of the maximum value of the streamfunction /PMAX to a column by
column perturbation in the diapycnal mixing: awa"^X in So m 2 s in the coupled model.
The model's boundary conditions are F, = (E-P)mod Robs and Q = Qmod+Am(T-Tzon).
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Figure 5-9: Sensitivity of the maximum value of the streamfunction @MAX to the wind
stress, both zonal and meridional: '90MAX in Sv N- 1 m2 in the coupled ocean, energy
balance model. The model's boundary conditions are F = (E - P)mod - Robs and Q =
Qmod + Am(T - Tzon)-
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source of mechanical energy available for mixing is wind and tides (Munk and Wunsch,
1998). Part of this energy is converted into potential energy through a vertical buoyancy
flux through breaking internal gravity waves and complicated coastal processes. The rate
of work done against gravity (e) in a stably stratified fluid is:
E = dN2
For a constant diapycnal mixing, the rate of work is directly proportional to the strati-
fication N.
By increasing the stratification, wind induced Ekman upwelling further increases the
efficiency of the vertical mixing of heat. The atmosphere compounds this mechanism by
allowing a direct feedback between a cooling of the surface waters in the tropics and a
decrease in the buoyancy of the water in the northern part of the Atlantic where convection
and downwelling take place.
5.4 Wind Stress in the Southern Oceans
In a latitude band with no continental barriers, notably in the Antarctic Circumpolar Chan-
nel, zonal mean pressure gradients must vanish. Toggweiler and Samuels (1995) outlined
the following hypothesis: the divergence of the Ekman transport in the latitude band of
the Drake Passage can only be balanced geostrophically below the depth of the topographic
ridges. The vertical flows associated with this circulation could draw up much of the deep
water formed in the northern part of the basin. This hypothesis will be re-examined in
light of results obtained with the adjoint model. A second hypothesis will be presented to
explain some of the features observed in the sensitivity maps. This hypothesis will focus
on the general role played by "gateways", the regions that control the flow of water into
and out of the Atlantic basin, and in particular on the "warm water route" via the Agulhas
current suggested by Gordon (1986).
5.4.1 Model Results
Three areas show unexpected high sensitivities to wind stress (Fig.5-10) and mixing (Fig.5-
16): the region which includes the Agulhas current and the Agulhas retroflection south of
the Cape of Good Hope, the Indonesian throughflow, and the Chilean coastline. These three
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Figure 5-10: Sensitivity of the maximum value of the streamfunction OMAX to the wind
stress, both zonal and meridional: 19MAX in Sv N- m 2 in the ocean model. The model's
boundary conditions are F,= (E - P - R)obs and Q Qobs + A,(T - Tobs).
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regions share in common the control of the water exchanged between basins. The Agulhas
current and the Drake Passage allow water to flow into the Atlantic from the Indian and
Pacific basins, the Indonesian archipelago allows the exchange of water between the Pacific
and the Indian oceans.
The consistency between the two hypotheses outlined above and these features will be
examined in this section.
The first theory is the Toggweiler and Samuels (1995) hypothesis of a control of the over-
turning's intensity through upwelling of North Atlantic Deep Water in the Southern Oceans.
The Ekman transport is convergent near 40'S and divergent South of 50 S. This induces
the Deacon cell, which sees downwelling close to Africa and upwelling further South. The
eddy transports cancels much of the Deacon cell, but do not suppress it entirely (Danaba-
soglu and McWilliams, 1995). Increasing the strength of the westerlies in the Agulhas Basin
(o400 S) reduces the convergence of the Ekman transport, thereby weakening the Deacon
cell. Increasing the winds where they peak, near 50'S, tends to intensify the Deacon cell.
One could, therefore, anticipate positive sensitivities around 50'S and negative sensitivities
further North and South where intensifying the westerlies would weaken the cell. This is
approximately what is observed south of Africa in Fig.5-10, but not throughout the rest
of the Antarctic Circumpolar Channel. A closer look at the vertical velocity pattern also
highlights some unresolved issues. The wind driven Ekman up- and downwelling extends
at most to depths of 200 to 300 m. Below that level, vertical motion is confined to the
vicinity of coastlines and sills. The bathymetry used in these calculations has only a small
sill height between Africa and Antarctica. The sill is much higher in the Drake Passage be-
tween Cape Horn and the Antarctic Peninsula, this is where the largest upwelling velocities
are observed. There is, however, very little sensitivity to the wind stress in that region.
Following the simple analytical model of Gnanadesikan (1999), the volume of upwelling
water in the Southern Oceans (Ts) can be described with:
Ts= (LJ dDLx (5.6)
pf Ls
where T is the zonal wind stress over the ACC, Lx the circumference of the Earth in
the Drake Passage, L' the North-South extent of the Drake Passage, D the depth of the
pycnocline and Ktd the thickness diffusion. This equation shows that while the zonal wind
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stress acts to enhance the volume transport > 0), the eddy induced velocity acts
to reduce it (T' < 0). This simple model is partially verified by the adjoint analysis.
Increasing the wind stress can indeed increase the overturning, but only if the increase is
applied over a small portion of the channel south of Africa. The sensitivity to the eddy
induced transport is negative in a significant fraction of the Southern Oceans (Fig.5-11),
but the maximum is again clearly in the region of the Agulhas Plateau.
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Figure 5-11: Sensitivity of the maximum value of the streamfunction 1/)MAX to the isopycnal
mixing and thickness diffusion: 'MAX in SV m- 2 s in the ocean model. The model's
ar-i,Ktd
boundary conditions are F, = (E - P - R)ob, and Q = Qobs + A, (T - Tob).
The idealized rectangular basin model described in chapters 2 and 3 is quite helpful
in explaining the consistencies and discrepancies between the hypothesis of Toggweiler and
Samuels (1995) and Gnanadesikan (1999) and the results of the adjoint model. This model
highlights the role played by the surface boundary conditions in determining the sensitivity
patterns. Fig.5-12 shows the sensitivity of the streamfunction maximum to the zonal wind
stress in the region of the "Antarctic Circumpolar Channel" for the three sets of surface
boundary conditions presented in Table 3.1. Mixed boundary conditions similar to the ones
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used in the realistic geography model are shown in the middle panel. Restoring boundary
conditions were used in the left-hand panel, and the equivalent flux boundary conditions
were used on the right. All figures are plotted on the same scale. The sensitivities in
the channel are three times larger under restoring boundary conditions than under flux
boundary conditions, with the mixed boundary conditions presenting an intermediate case.
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Figure 5-12: Sensitivity of the streamfunction maximum to the zonal wind stress (MAX)
in Sv N- 1 n 2 . Left: Restoring boundary conditions. Middle: Mixed boundary conditions.
Right: Flux boundary conditions. The three plots are on the same scale.
The key difference between the restoring, mixed and flux simulations lies in the response
of the density field to perturbations in the wind stress. The surface density is very nearly
fixed under restoring boundary condition. Under mixed or flux boundary conditions, the
near surface density is no longer constant.
Fig.5-13 shows the response of the near-surface temperature field to a wind stress per-
turbation for each of the three cases shown in Fig.5-12. A westerly wind stress anomaly
was imposed at 500 S above the sill, south of the continent. The resulting perturbations
in the temperature fields at 100 m depth are shown in Fig.5-13, the three plots are on the
same scale. The temperature and salinity perturbations decrease with depth, but the rela-
tive magnitude of the anomalies between the three cases remains similar. The wind stress
anomaly induces convergence and downwelling equatowards of 50' S, divergence and up-
welling polewards of the perturbation. The magnitude of the perturbation in the Eulerian
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upwelling velocity is similar in all three cases. The dominant temperature response shows
a cooling where anomalous downwelling is taking place between 500 S and 60' S and warm-
ing polewards of the anomaly. The pattern of salinity anomaly are similar, with increased
salinity where upwelling is taking place. The salinity anomalies are greater under mixed
and flux boundary conditions than under restoring boundary conditions.
The perturbation bolus velocity is defined as:
= as, + as' n aW 1Ktd I K'td-k ax y ay
where Sx and Sy are the isopycnal slopes in the meridional and zonal directions.
The salinity and temperature anomalies induce a perturbation in the meridional slope,
with isopycnals anomalies sloping upwards between "Antarctica" and 600 S, and downwards
from 60' S towards the continent. The eddy transport will seek to flatten these isopycnals.
This induces a perturbation flow with downwelling taking place polewards of 500 S, thereby
opposing the Eulerian circulation. It is clear from the magnitude of the buoyancy perturba-
tions, that the changes in eddy transport will compensate a larger fraction of the induced
Eulerian circulation under flux boundary conditions than in the restoring case.
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Figure 5-13: Change in temperature, in 0C at 100m. for a perturbation in the surface
wind stress of Sensitivity of the streamfunction maximum to the zonal wind stress Arx =
0.001 Nm-2 imposed at 50' S above the sill. Left: Restoring boundary conditions. Middle:
Mixed boundary conditions. Right: Flux boundary conditions.
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The mechanism outlined by Toggweiler and Samuels (1995) plays a crucial role in de-
termining the strength of the meridional overturning when the surface boundary conditions
are formulated as restoring terms. This was indeed the case in the analysis of Toggweiler
and Samuels (1995). This mechanism does, however, lose much of its importance when the
surface fields are allowed to evolve constrained only by surface fluxes of heat and freshwa-
ter. This feature had already been noticed by Rahmstorf and England (1997) in a model
without the Gent-McWilliams parameterization. These authors compared the sensitivity of
the meridional overturning to changes in the wind stress south of of 300 S in a model forced
with restoring boundary conditions and a model forced with boundary conditions similiar
to the mixed boundary conditions used here. The difference in sensitivity was attributed
to the stabilizing role of the thermal feedback effect. This effect stabilizes the overturning
by allowing the ocean to cool in response to a weakening of the circulation, something that
is not possible under flux boundary conditions.
A second hypothesis is therefore proposed to explain the observed sensitivity of the
meridional overturning to the surface wind stress. It relies on a direct control of the prop-
erties, and in particular of the salinity, of the water allowed to enter or leave the Atlantic
basin. It rests on the premise that the Atlantic is the saltiest of the world's oceans.
Relying on the hypothesis that much of the North Atlantic Deep Water upwells in
the Pacific and Indian Oceans, Gordon (1986) proposed two routes for the return flow
of thermocline water: a cold water route through the Drake Passage and a warm water
route by a branch of the Agulhas current. Which is the dominant route has been a highly
debated question. Based on water temperature and heat flux characteristics, Gordon (1986)
suggested that the warm water route was of primary importance, amounting for over 75%
of the transport of upper ocean water into the Atlantic. Rintoul (1991) used an inverse
modeling approach to infer the exchanges of mass and heat between the South Atlantic and
its neighboring basins. He concluded that most of the water entered the South Atlantic via
the cold water route of the Drake Passage.
A branch of the Agulhas current imports Indo-Pacific water into the Atlantic, it coincides
with the region of sensitivity minimum. The region of positive sensitivity just south of the
Agulhas retroflection exports Atlantic water to the rest of the world's oceans. The surface
currents in that region are notably complex, they are shown for reference in Fig.5-14. The
branch of the Agulhas current, which enters the Atlantic has a salinity of approximately
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34.6. The Benguela current, which follows the western coast of Africa, draws its source in
fresher water in the Southern Oceans, with an approximate source at a salinity of 33.4.
I Wam cufwn
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0.3 m/s
Figure 5-14: Surface currents around the African continent. Ocean model.
Complex interactions exist over the Agulhas Plateau between the surface wind stress
and the ocean currents. The sensitivity analysis indicates that a westerly wind perturbation
south of the Cape of Good Hope would eventually weaken the meridional overturning. South
of the Agulhas Plateau, the same westerly wind perturbation would increase the overturning.
The sign of the sensitivity to the wind stress north of the Indonesian throughflow is such
that hindering the mass flow through that passage with a southerly or a westerly wind
perturbation increases the overturning. Once out of the Indonesian throughflow, the water
takes a direct route across the Indian Ocean, into the Mozambique channel and feeds into
the Agulhas current. This result contradicts Macdonald and Wunsch (1996), who concluded
from an inverse modeling study that the strength of the Agulhas current and retroflection
were independent of factors affecting the transport in the Indonesian throughflow.
The sensitivity to the meridional wind is positive along the Chilean coastline (Fig.5-10,
bottom panel), implying that a southerly flow perturbation would increase the overturning
by diverting water out of the Antarctic Circumpolar Current, instead of allowing it into the
Atlantic. This would favor the warm, and saltier, water route at the expense of the cold,
and fresher, water route.
In the ocean-only version of the model, the Philippine and South China Seas, and the
Chilean waters have some of the ocean's lowest salinities (~ 31, see figure 4-5). Those are in
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fact some of the regions of largest discrepancy with the Levitus salinity climatology (Levitus
and T.P.Boyer, 1994a), Fig.4-4. These features all point to the salt advection feedback as
playing a key role in determining the sensitivity of the meridional overturning to wind stress
in ocean-only models. The sensitivity pattern to the precipitation field over the Atlantic
(Fig.5-2, bottom panel) is such that a net decrease in precipitation over the basin, and
concurrent increase in its salinity increases the overturning. The sign of the sensitivity
at the gateways must therefore be related to the control, which wind stress exerts on the
import and export of fresher water into the Atlantic basin.
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Figure 5-15: Top: Difference in salinity (in 10-3) between simulations with a wind stress
perturbation (&rm = 0.005 N m- 2 ) imposed at 300 S (left) and 420 S (right), both at 220 E,
and an unperturbed simulation. Bottom: Difference in near surface currents (in m s1l)
between simulations with a wind stress perturbation (Arz = 0.005 N m- 2 ) imposed at
30~ S (left) and 42~ S (right), both at 220 E, and an unperturbed simulation. Ocean model.
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Solid evidence for this hypothesis can be gathered through a simple perturbation anal-
ysis. A westerly wind stress perturbation of magnitude A-r = 0.005 N m 2 was added
at 420 S and 30' S, both at 220 E. The resulting equilibrated response in the sea surface
salinity and near surface currents is shown in Fig.5-15. The perturbation imposed at 30* S
(left panels), south of the Cape of Good Hope, weakens the Agulhas current. The Benguela
current increases its strength to maintain a constant import of thermocline water into the
Atlantic, thereby increasing the import of very fresh Southern Ocean water into the At-
lantic at the expense of the saltier Indian Ocean water. The perturbation applied at 420 S
(right panels), weakens the Benguela current at the expense of the Agulhas branch, thereby
allowing an increase in salinity of the Atlantic basin, and an increase in the meridional
overturning's strength.
Perturbations in diapycnal mixing have a dynamical effect: in a region of positive ver-
tical temperature gradient, increasing rd will induce a warming below the level of the
perturbation and cooling above it. Perturbations in the flow fields are associated with these
temperature anomalies. The sensitivity to diapycnal mixing at 290 m and 1250 m is shown
in Fig.5-16 for the region of the Agulhas current, there is very little sensitivity elsewhere in
the Southern Oceans or in the Indian and Pacific basins. The sensitivity is positive down to
a depth of 1000 m. and negative below. The sign reversal takes place at the depth where the
Agulhas current ceases to go in the westward direction, and the flow is eastward through
the entire passage south of Africa.
The role played by the gateways is a robust feature of the meridional overturning and is
not related to whether the circulation is diagnosed by its streamfunction or by the amount
of heat, which it transports. The sensitivity map of the heat transport to the zonal wind
stress exhibits the same dipole pattern South of the Cape of Good Hope (Fig.5-17).
These features are, however, largely absent when the interactive energy and moisture
balance atmosphere is coupled to the ocean model (see Fig.5-9). The large negative sen-
sitivity south of the Cape of Good Hope drops from -2.5 Sv N- 1 m 2 in the ocean model
to -0.6 Sv N- 1 m 2 in the coupled model. By allowing feedbacks between the ocean and
the atmosphere on much shorter time scales, the atmosphere effectively short-circuits the
oceanic salt advection feedback. Since the stratification is greatest in the tropics, this is
where wind stress perturbations can have the greatest impact on the surface buoyancy, and
consequently on the atmospheric heat and moisture transport. The mechanism outlined
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Figure 5-16: Left: Sensitivity of the overturning maximum to diapycnal mixing in the
Agulhas Plateau region: Ng,^X in Sv m- 2 s. The top panel represents the sensitivity at
290 m, the bottom one at 1250 m. Right: Flow velocities at those two depths.
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Sensitivity of the Heat Transport - Ocean
Zonal Wind Stress (Min =-0.20 PW N~ m2; Max = 0.08 PW N1 M2)
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Figure 5-17: Sensitivity of the maximum value of the heat transport at 240 N HTMAX to
the zonal wind stress: HT2 4 , N in PW N-1 m 2 in the ocean model. The model's boundary
conditions are F,= (E - P - R )obs and Q = Qobs + A 8(T - Tobs)-
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above to explain the absence of sensitivity to wind stress in the open channel under flux
boundary conditions can also readily be applied to the case of the coupled model, which
allows the surface temperature and salinity to evolve freely forced only by fluxes calculated
from the energy balance model.
5.4.2 Discussion
The hypothesis of a control of the overturning by upwelling in the Drake passage was
confirmed by the adjoint analysis within the framework on pure restoring surface boundary
conditions. Much less support for it exists when the sea surface temperature and salinity
is less constrained, notably in the coupled model. This shift takes place because buoyancy
perturbations and their associated bolus transport cancel much of the upwelling associated
with a perturbation in the wind stress.
Slightly more evidence can be found to support the "gateway" hypothesis and the role of
the Agulhas region, the Indonesian throughflow and the Chilean coast in the ocean model.
Perturbations in the wind stress have the anticipated effect on the salinity of the Atlantic
basin, and consequently on the overturning's strength. These results support the notion
that a three-way balance between the "cold water route" through the Drake Passage, the
"warm and fresh water" route of the Benguela current and the "warm and salty" water
route of the Agulhas current plays a role in determining the salinity of the Atlantic Ocean
and the intensity of the meridional overturning circulation. This model does not address
the question of the relative contributions of these regions to inflow of thermocline water into
the Atlantic. It merely gives an indication of the sensitivity of the meridional overturning
to change in wind stress in those regions. It is unfortunate that large discrepancies exist in
those regions between the Levitus climatology and that of the model's surface salinity. Only
improvements in the evaporation and precipitation fields could remedy this problem, adding
a term restoring surface salinities to observations has namely been shown to dramatically
alter the sensitivity pattern in that region.
The importance of wind in the Southern Oceans diminishes greatly when the energy
and moisture balance is coupled to the ocean model. The largest sensitivities to the zonal
wind stress in Fig.5-9 are found in the tropics, where they sustain the overturning through
equatorial Ekman upwelling. Although oceanic advective feedbacks are still present in the
coupled model, their impact is dwarfed by the atmospheric feedback effects that link directly
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the tropics and the polar region where convection takes place.
5.5 Mass and Heat Transport in the Western Boundary Cur-
rent
The sensitivity of the overturning maximum and of the heat transport to perturbations in
the diapycnal mixing and in the thickness diffusion in the western boundary current region
are positive in the ocean model and negative in the coupled model.
The effect of a perturbation in mixing in the western boundary current in the ocean
model is a surface cooling, which is advected northward, cools the convecting water and
increases the overturning. The ocean model is only subject to the oceanic salinity and
temperature advective feedbacks.
The coupling to the energy balance model allows the atmosphere to compensate an in-
crease in the diffusive heat loss in the ocean. The local surface cooling induced by increased
diffusion in the Western Boundary Current results in an increase in the North-South tem-
perature gradient, which in this model is estimated by taking the difference between the
temperature in the [0 - 350 N] and [35 - 80' N] latitude bands. This increase in temperature
gradient has two consequences. The first is an increase in the atmospheric heat transport.
The tropical ocean temperatures therefore cool slightly while the polar region sees a slight
warming. Note that the cold perturbation induced by increased diffusion is also advected
northwards by the ocean's circulation, which explains why high latitude temperatures warm
only very slightly. The second effect is on the mid- to high latitude atmospheric freshwater
transport, which increases. This results in a decrease in the salinity of the convecting water,
and consequently a decrease in the overturning's strength. These processes illustrate two of
the coupled atmosphere-ocean feedback mechanisms discussed in Nakamura et al. (1994),
and explain why the sign of the sensitivity pattern in that region is negative.
5.6 Quantitative Comparison
One advantage of the adjoint method is that it allows a quantitative comparison of the
effects of various perturbations on the diagnostic. Published estimates of the climatological
uncertainty in the fields will be used to assess what impact they have on the uncertainty in
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the meridional overturning.
5.6.1 Buoyancy
The uncertainty in the heat and net freshwater flux datasets was estimated at 30% of the
value of the fields or AQ = ±30 Wm-2 and AF, = ±30cmy-1. These numbers are
based on the results of Schmitt et al. (1989); Wijffels et al. (1992) for the evaporation -
precipitation climatology of the Atlantic Ocean and Isemer et al. (1989) for the heat flux.
These authors note that the uncertainty is probably larger in the poorly sampled areas in
high latitudes.
Ocean Model Coupled Model
AQ = ±30%. Q
North Atlantic [58 - 660 N] ±0.8 Sv ±1.5 Sv
Mid-Latitude, all basins [38 - 46 N] ±0.07 Sv ±1.1 SV
AF = 30% -P
North Atlantic [58 - 66 0N] ±0.5 Sv ±0.8 Sv
Tropics Atlantic N. Hem. [14 - 380 N] ±4.2 Sv ±2.8 Sv
Tropics Atlantic S. Hem. [22 - 6'S] ±2.2 Sv ±1.5 Sv
Table 5.1: Uncertainty in the estimates of the overturning maximum 'MAX estimated
by applying perturbations in the heat and freshwater fluxes in various regions. These
perturbations are 30% of the value of the fields themselves.
Ocean Model Coupled Model
AQ = ±30 Wm2
North Atlantic [58 - 660N] ±0.95 Sv ±3.8 Sv
Mid-Latitude, all basins [38 - 46'N] ±0.008 Sv ±4.4 Sv
AF, = t30cmy-1
North Atlantic [58 - 660 N] ±1.3 Sv ±1.8 Sv
Tropics Atlantic N. Hem. [14 - 38'N] ±5.2 Sv ±3.6 Sv
Tropics Atlantic S. Hem. [22 - 6'S] ±2.3 Sv ±1.6 Sv
Table 5.2: Uncertainty in the estimates of the overturning maximum @'NIAX estimated
by applying perturbations in the heat and freshwater fluxes in various regions. These
perturbations are AQ = ±30 Wm--2 and AF, ± t30 cmy-I
The fixed and relative perturbation approaches give similar results. The perturbations
are applied locally in order to avoid adding a net input of heat or water to the basin. It
is estimated that the balancing perturbation, when divided and applied uniformly over the
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rest of the oceans has a very small impact on the overturning's strength. Both heat- and
freshwater fluxes contribute substantial uncertainties to the value of the overturning, on the
order of 1 - 3 Sv. The uncertainty associated with the heat flux stems largely from the
Labrador and Norwegian Seas. Since fluxes in that region are notably poorly known, the
uncertainty may in fact be greater than is indicated by these estimates.
The contribution of the net freshwater flux to the uncertainty in the overturning origi-
nates primarily in the tropical region of both hemispheres where the fluxes and sensitivities
are largest.
A number of recent climate change studies have analyzed the relative importance of
changes in heat- and freshwater fluxes in driving changes in the intensity of the meridional
overturning. Climate models are by no means in agreement on this subject. The results of
Dixon et al. (1999) and Wiebe and Weaver (1999) indicate that changes in the hydrological
cycle are of prime importance in determining the changes in the overturning. The argument
used by Wiebe and Weaver (1999) to support their results is that density is only weakly
dependent on temperature for low temperatures, allowing salinity changes and increased
freshening to have the greatest impact on the buoyancy of high latitude waters. The results
of Mikolajewics and Voss (2000) and Kamenkovich et al. (2000b) show anomalous heating
of the ocean's surface as the primary mechanism responsible for the slowdown of the over-
turning. In the former study, changes in freshwater forcing explain less than a quarter of
the observed change in overturning strength. What is most surprising is that these results
do not seem to depend on the formulation of the ocean model, the results of Wiebe and
Weaver (1999) and Kamenkovich et al. (2000b) were both obtained with the GFDL MOM2
model. This could indicate that it is differences in the atmospheric models, which really
determine the sensitivity of the overturning to surface forcing. In a recent article, Latif
et al. (2001) argue that enhanced frequency of El Ninfo type events in climate change sce-
narios lead to anomalously high salinities in the tropical Atlantic. These perturbations are
advected northward where they reduce the buoyancy of the water in the North Atlantic.
This effect is sufficient to compensate the increase in buoyancy associated with the warming
and freshening of the waters, and little change in the overturning's strength is observed.
The results presented in this chapter represent a linearization around a steady-state, they
could be significantly different from a linearization about the time dependent trajectory of
climate change scenario. It is, however, possible to draw some inferences from the present
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results.
The high latitude sensitivity patterns will dominate on decadal and shorter time scales.
Increased freshening or warming of the surface waters in a climate change scenario would
then reduce the overturning. In this model, the effect of the heat flux dominates.
Beyond a few decades, the low latitude increases in salinity associated with enhanced at-
mospheric freshwater transport will have an important impact on the overturning's strength,
which will tend to increase. This confirms Latif et al. (2001)'s observation. It also concurs
with Wiebe and Weaver (1999), who did not see a continued reduction in the overturning
strength past the point of C02 doubling, when the forcing ceased to increase beyond that
stage. The circulation not only recovers, but reaches a slightly more intense new equi-
librium. These authors attributed the re-establishment of the circulation to a shift from a
situation where freshening in high latitudes dominates to one in which low latitude warming
dominates. This warming increases the meridional steric height gradient, which is linearly
proportional to the overturning's strength. The results presented in this chapter indicate
that, within the context of this simple model, the strengthening of the equilibrated cir-
culation can be attributed to increased evaporation in low latitudes, and the advection of
salinity anomalies towards high latitudes.
The overall response of the meridional overturning circulation to global warming will
depend on the competing effects a weakening attributed to high latitude freshening and
warming, and a strengthening associated with enhanced evaporation in the tropics. The
former will dominate over the first few decades, but the latter will likely be important over
longer time scales.
5.6.2 Mixing
Little is known about how much mixing actually takes place in the ocean. Modeling studies
often tune the diapycnal diffusion coefficient in order to obtain an overturning circulation of
adequate intensity. The micro structure and tracer release measurements made by Ledwell
and Hickey (1995); Ledwell and Bratkovich (1995); Polzin et al. (1997); Ledwell et al. (2000)
found much higher mixing intensities directly above rough topography, and along coastlines
and mid-oceanic ridges O(10-4 m28- 1), and much lower values elsewhere O(10-5 m2 s-1 ).
The adjoint sensitivities will be used to investigate three possible scenarios. The first
is the impact of a 66% increase and decrease in the global value used for diapycnal mixing
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(Table 5.3). This is likely to be less than the actual uncertainty in the mean value of
-d, but it includes the numbers used in many modeling studies ([1 - 5 - 10-5 m28-1]).
The associated uncertainty in the maximum streamfunction is substantial, ~ 6 Sv, with
increased overturning strength associated with increased mixing.
Arsd = k2 - 10-5 mn28-1
Ocean Model IA$MAx = k6.2 Sv 'AHT24oN = k0.13 PW
Coupled Model AOMAx = i5.7 So A HT24o N = i0.17 PW
Table 5.3: Impact of a 66% increase and decrease in the value of the diapycnal mixing
coefficient.
The scaling relationship between overturning strength and diapycnal mixing implied by
these numbers can easily be derived. If @OMAX oc 1 N, then N can be estimated from the
present results:
OMAX K N(5.
x A~~)(5.7)V)MAX+ AbMAX K+ K
29_ (3.-10-5
N = ln / ln ~~ 0.4 (5.8)(35.2 5.-10-5)
This is smaller than the numbers usually predicted by scaling analysis. The "classical"
scaling of Bryan (1987) predicts a power law with a two-thirds power. This scaling has,
however, been shown to depend on the surface boundary conditions (Park and Bryan,
2000), with a smaller power law applicable under mixed boundary conditions (Zhang et al.,
1999). Vallis (2000) has also shown that the appropriate scaling law when wind and Ekman
pumping are included goes as K1/2, closer to what is observed here.
The second scenario concentrates the mixing along coastlines and eliminates it elsewhere.
Assuming And = 7 - 105 m 2,S-1 along the coast and AI' = -3 10-5 m 2,-1 everywhere
else, the changes in the overturning's strength and in the heat transport are summarized
in table 5.4. The magnitude of the perturbations that were used in this analysis clearly go
beyond the small perturbation range where the adjoint sensitivities can be expected to be
accurate. The result is, however, surprisingly consistent with those of Marotzke (1997) and
Scott (2000) who saw little change in the intensity of the overturning when the mixing was
concentrated along the boundaries.
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Anad = +7 - 10-5/ - 3.- 10-' m28-i
Ocean Model A@MAx = -1.15 Sv AHT240N = -0.06 PW
Coupled Model A@MAx = -1.74 Sv AHT24-N = -0.06 PW
Table 5.4: Boundary mixing hypothesis. Ard = 7. 10- 5 m 2 s-1 along coastlines, AKd =
-3 - 10-5 m 2 ,-1 elsewhere.
The third scenario concentrates the mixing in the tropical thermocline and eliminates
it elsewhere, where the sensitivities are the greatest. There is no observational evidence
to support this case (Ledwell et al., 1993), although Emanuel (2001) has suggested that
tropical cyclones could provide a source of energy for mixing in that region. Assuming that
Anad = 7. 10- 5 m 2 S-1 between 22 - 6' S and 6 - 220 N and above 1000m and Anad =
-3 - 10- m2S-i everywhere else, the changes in the overturning's strength and in the
heat transport are summarized in table 5.5. The observational evidence that no hurricanes
are found in the southern Atlantic was neglected in this simplified calculation. The near
equatorial band where hurricanes cannot form was, however, excluded. Table 5.5 shows
relatively minor changes in the overturning's strength in this scenario. This indicates that
the overturning could be maintained solely through mixing in the tropical thermocline. The
maximum overturning is in fact enhanced in the coupled model, which has high sensitivities
throughout the tropics in all basins.
Ana = +7 - 10-"/ - 3 - 10-5 m2.5-i
Ocean Model A)M Ax = -2.1 Sv A HT240 N = +0.18 PW
Coupled Model AOMAX = +6.2 So AHT24-N = +0.34 PW
Table 5.5: Tropical mixing hypothesis. And = 7-10-5 m 2 -i between 22-6' S and 6-22' N
and above 1000m, Ana = -3 -10 5 m 2 S-1 elsewhere.
5.6.3 Wind Stress
The impact of uncertainty in the climatological value of the zonal wind stress on the merid-
ional overturning is estimated by assuming that the data are accurate to within 30% (Isemer
and Hasse, 1991) or ±0.03 Nm- 2. This may underestimate the uncertainty in the wind
stress in poorly sampled regions such as the Southern Oceans. The results are summarized
in table 5.6 for the ±30% perturbation and table 5.7 for the ±0.03 Nm-2 perturbation.
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Ocean Model Coupled Model
AT = ±30% - r,
ACC [6 - 421E]; [50 - 380 S] ±0.70 Sv ±0.06 Sv
ACC [6 - 420 E]; [38 - 260S] ±0.33 Sv ±0.08 Sv
Tropics Atlantic [6 - 26 0 N] ±0.13 Sv ±1.1 Sv
Mid-Latitude Atlantic [42 - 50 S] ±0.21 Sv ±0.1 Sv
Table 5.6: Uncertainty in the estimates of the overturning maximum /MAx estimated by
applying perturbations in the zonal wind stress. These perturbations are 30% of the value
of the field.
Ocean Model Coupled Model
Ar, = ±0.03 Nm -2
ACC [6 - 42 E]; [50 - 380S] ±0.57 Sv ±0.04 Sv
ACC [6 - 42 E]; [38 - 260S] ±0.88 Sv ±0.12 Sv
Tropics Atlantic [6 - 260N] ±0.25 Sv ±1.78 Sv
Mid-Latitude Atlantic [42 - 50'N] ±0.42 Sv ±0.18 Sv
Table 5.7: Uncertainty in the estimates of the overturning maximum @MAx estimated by
applying perturbations in the zonal wind stress. These perturbations are ±0.03Nm-2 of
the value of the field.
Although highly localized features, the high sensitivities observed in the Antarctic Cir-
cumpolar Channel South of Africa are sufficient to add a ±0.5 Sv uncertainty bound on the
climatological value of the overturning maximum. This is, for example, noticeably larger
than the contribution of the uncertainty in the mid-latitude wind field in the Atlantic.
Possible changes in the position of the subtropical convergence zone on glacial-interglacial
time scales could alter the composition of the water entering the Atlantic basin (Gordon,
1986), thereby influencing the overturning's strength. The pattern of sensitivity changes
substantially once the model is coupled to the energy and moisture balance model. The
dominant source of uncertainty then stems from the tropical region of the Atlantic. It is
of the same order of magnitude as the contribution of the Agulhas region in the uncoupled
case.
5.7 Discussion
Only weak evidence was found in support of the Drake Passage hypothesis. The role
played by gateways should be re-examined within the framework of a more complex coupled
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atmosphere-ocean model. It is potentially important, but can be short-circuited by the rapid
transfer of energy and moisture in the atmosphere. The role of wind in the coupled model
is associated with equatorial Ekman upwelling and the efficiency of the diapycnal mixing
process. It therefore compounds the already dominant effect of mixing in determining the
uncertainty in the overturning's strength.
The coupling to the energy and moisture balance model allows the development of
global sensitivity patterns to the heat flux, diapycnal mixing and wind stress. These maps
are related to the effect of perturbations in the sea surface temperature on the atmospheric
transport of heat and freshwater.
The relative importance of heat and freshwater fluxes in sustaining the meridional over-
turning is clarified by this analysis, in particular the geographic distribution of these contri-
butions. In steady-state, the dominant source of uncertainty stems from poor precipitation
and evaporation data in the tropics. It is, however, likely that over shorter time scales,
changes in the heat flux in high latitudes would cause an important portion of the observed
changes in the overturning's strength.
Flux adjustments have often been used in coupled atmosphere - ocean modeling to
correct the discrepancies between the surface fluxes provided by the atmospheric model
and those required by the ocean to maintain a realistic circulation (Cubasch et al., 1992;
Manabe and Stouffer, 1994; Houghton et al., 1996). These flux adjustments prevent a drift
of the coupled model (Washington and Meehl, 1989), which often resulted in a collapse of the
meridional overturning circulation (Manabe and Stouffer, 1988). A number of recent results
have been obtained without flux adjustments (Wood et al., 1999; Bryan, 1998; Gordon
et al., 2000), but a drift in some important model variables, usually in the deep ocean,
often persists. Flux adjustments can lead to spurious multiple equilibria in the meridional
overturning circulation (Dijkstra and Neelin, 1999), and they do not correct errors in the
atmosphere - ocean feedbacks which control the climate change response (Marotzke and
Stone, 1995). Flux adjustments have most often been applied as additive terms. The results
of the adjoint analysis can therefore be interpreted as a map, which predicts the impact
of flux adjustments on the overturning and its heat transport. In a coupled system, heat
flux adjustments must have a global distribution, but the greatest impact will stem from
corrections located in the proximity of the convection sites. Freshwater flux adjustments can
be confined to the Atlantic basin, with the tropics playing a role as important as the high
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latitudes. A rigorous analysis of the role of flux adjustments could be performed with the
adjoint method. Fixed surface "corrective" fields, set to a nominal value of zero, would be
added to the fluxes of heat, freshwater and momentum at the ocean - atmosphere interface.
The sensitivity of the cost function to these fixed fields would give an indication of the
impact of flux adjustments on the diagnostic over the time scale of the adjoint integration.
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Chapter 6
Conclusion
This thesis has demonstrated that it is possible to calculate adjoint sensitivities on clima-
tological time scales in coarse resolution ocean and coupled models.
The modeling framework designed for this project reproduced reasonably well the large
scale features of the ocean's circulation. It was, however, deficient in a number of respects,
which will briefly be discussed. There are several issues related to the resolution of the
model, which remain to be addressed.
e Very large sensitivities are observed in the near surface layers, notably in relation to
Ekman up- and downwelling in the tropics. This highlights the necessity to resolve
adequately the ocean's mixed layer. This can be achieved in ocean models by including
the so-called KPP scheme. Future versions of the adjoint of the ocean model will
include the KPP scheme (Heimbach, personal communication).
9 Another region, which exhibited large sensitivities to a number of key factors, is the
western boundary current. The model dynamics are discretized on a grid, which
requires two points to resolve the western boundary current. The current is therefore
close to 800 km wide, while in reality it does not exceed 100 km. It could, therefore, be
worthwhile to repeat these calculations with an increased resolution along the western
boundary following the model of Kamenkovich et al. (2000a). While this represents
a simple implementation in idealized geometry models, it can present major issues in
realistic geography basins.
e The third issue related to resolution is the representation and resolution of eddies. The
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role of eddies in transporting tracers was parameterized with the Gent Mc-Williams
scheme in the present model. Deriving the adjoint of eddy resolving models presents
a number of new issues related to the rapid loss of information in shedding and re-
absorbing eddies, and the chaotic nature of these processes (Lea et al., 2000; K6hl and
Willebrand, 2001). The spatial resolution, at which adjoint solutions cease to asymp-
tote steadily towards a constant pattern and grow exponentially is poorly known,
but can be expected to be on the order of the Rossby radius of deformation, which
is close to 30 km in ocean models in mid-latitudes (Gill, 1982). Since the Rossby
radius is closer to 1000 km in the atmosphere and synoptic scale disturbances are
resolved even in coarse resolution models, similar issues will inevitably be present in
any three-dimensional atmospheric model.
The limits to the linearity assumption underlying the adjoint analysis have not been
explored in any detail, primarily because the answer is unlikely to be homogeneous in space
for steady state problems, or space and time when linearizing about non-linear trajectories.
A number of physical processes that could be important are not represented in this
simplified framework.
e Amongst them is the role played by the Arctic Ocean and the import of fresher water
into the Atlantic through the Bering Strait. Gateways have been shown to play a key
role in the ocean model, and the large sensitivities to buoyancy forcing in the high
latitudes of the Atlantic basin all point to a potentially very important role for the
exchange of water with the Arctic Ocean.
e The role of boundary mixing has only been explored very superficially. It is conceivable
that the sensitivity pattern to diapycnal mixing would change significantly if the
mixing was concentrated along the boundaries, a scenario supported by tracer and
dye release data.
e Parameterizing the diapycnal mixing in function of the wind stress would allow a more
complete picture of the effect of changes in wind forcing on the meridional overturning
circulation.
e The energy and moisture balance model, which was coupled to the ocean model, was
amongst the simplest of its category. It did not, for example, allow for any changes
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in the forcing of the momentum terms and omitted the feedbacks associated with the
Hadley cell in the tropics.
The adjoint method is extremely efficient in providing the sensitivity of a diagnostic
to a number of parameters and initial conditions on climatological time scales in a sin-
gle integration of the model. This allows useful insights into the relative importance of
these parameters. The relative contributions of the various forcings to uncertainty in the
meridional streamfunction's maximum are summarized in Fig.6-1. The area of each circle
is proportional to the uncertainty that it contributes to the overturning's maximum. The
geographic areas over which the contributions were calculated are outlined by solid lines.
These regions are the North Atlantic, the tropics in both hemispheres and the equatorial
region. These regions are confined to the Atlantic basin in the case of the ocean model,
they extend to the other basins in the coupled model. The contribution of the diapycnal
mixing is calculated for a global perturbation.
Assuming that the uncertainty in the forcing fields and parameters are not correlated,
our current knowledge of the surface data and diapycnal mixing does not allow a reduction
of the uncertainty in the model's estimate of the overturning maximum below 29 t 8 Sv
for the ocean model and 25 ± 7 Sv for the coupled model. In the present calculations, no
parameter stands out as dominant. It is, however, clear that the large uncertainty in the
global value of the diapycnal mixing coefficient limits our ability to know the overturning
streamfunction's maximum to within less than 6 Sv of any precise value. The role of
advection in transporting buoyancy perturbations, in particular salinity anomalies, from
the tropics towards high latitudes where they influence the density of abyssal waters is also
quite important. The direct role played by the heat flux forcing in high latitudes and the
indirect effects of wind stress are slightly less important, but by no means second order
effects.
The time dependence of the contributions of the heat-, freshwater fluxes and diapycnal
mixing to uncertainty in the meridional overturning circulation in the ocean model is sum-
marized in Fig.6-2. The effect of uncertainty in the heat flux, in red, is split into two parts;
the contribution of the tropical region (220 S to 22' N) is the dashed line while that of high
latitudes (540 N to 74' N)is the dash-dotted line. Both lines represent the response to a
30% increase in the heat flux over observations. A cooling of the ocean in the North Atlantic
(dash-dotted red line) will have the greatest influence on the overturning's strength over
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Figure 6-1: Estimates of the effect of uncertainty in the heat and freshwater fluxes, wind
stress and diapycnal mixing on the meridional overturning's strength. The area of each
circle is proportional to its contribution to the uncertainty in IIMAX, in Sv. Top: Ocean
model. Bottom: Coupled model.
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time scales up to twenty years. The effect peaks after a few years and has a magnitude of
2 Sv at that point. Heat flux perturbations in the tropics (dashed red line) have a negligible
impact. The effect of a 30% increase in the freshwater flux is shown in blue. An increase
in rainfall in high latitudes (dash-dotted blue line) will also have a relatively rapid impact
on the overturning; the effect peaks after ten to twenty years. Increasing evaporation in
the tropics will only have an impact on the meridional overturning once the induced salin-
ity anomalies have been advected towards high latitudes. It takes close to a century for
this effect to reach its full strength, 3 Sv. The effect of increased diapycnal mixing is the
slowest to be develop; it dominates for time scales of a century or more and has not fully
equilibrated after 400 years.
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Figure 6-2: Estimates of the effect of uncertainty in the heat, freshwater fluxes and diapycnal
mixing on the meridional overturning's strength for the ocean model. Solid green line: Effect
of a 66% increase in diapycnal mixing, worldwide. Dash-dotted blue line: Effect of a 30%
increase in freshwater flux (increased rainfall) between 540 N and 74' N in the Atlantic.
Dashed blue line: Effect of a 30% increase in freshwater flux (increased evaporation )
between 22' S and 22' N in the Atlantic. Dash-dotted red line: Effect of a 30% increase in
heat flux (cooling of the ocean) between 540 N and 74' N in the Atlantic. Dashed red line:
Effect of a 30% increase in heat flux (warming of the ocean ) between 22' S and 22' N in
the Atlantic.
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Another advantage of the adjoint method is that it provides complete two or three-
dimensional map of sensitivity to parameters such as wind stress, buoyancy or mixing.
The adjoint method allows to identify the sites or regions that have a key influence on the
diagnostic. The present analysis has shown that the meridional overturning streamfunction
is most sensitive to direct heat flux forcing in the region where convection takes place,
in the Labrador and Greenland Seas. The sensitivity to evaporation and precipitation is,
however, concentrated in the tropics of both hemispheres. The tropics, and the near surface
equatorial upwelling region in particular, determine much of the sensitivity to diapycnal
mixing and wind stress in the coupled model. The important role played by the tropics in
setting the overturning's strength seems to confirm the thermodynamic principles outlined
by Sandstr6m (1908), Jeffreys (1925) and Munk and Wunsch (1998): upward advection
of heat is balanced by downward diffusion. The strength of the meridional overturning is
then determined by the power available to return the fluid to the surface across the ocean's
stratification. Because the ocean is most strongly stratified in the tropics, the mixing process
is most efficient in that region.
Only weak evidence was found in support of the Drake Passage hypothesis. The Agulhas
Plateau, the Chilean coastline and the Indonesian throughflow play an important role in
setting the overturning's strength. These "gateways" act as regulators of the salinity of the
Atlantic basin in the ocean model forced by mixed boundary conditions. The wind stress
determines the balance between the inflow of relatively salty Indian Ocean water through
the Agulhas current, the flux of fresher Benguela current water southwest of Africa and the
flow of very cold and fresh water through the Drake Passage. The role played by gateways
should be re-examined within the framework of a more complex coupled atmosphere-ocean
model. It is potentially important, but can be short-circuited by the rapid transfer of energy
and moisture in the atmosphere. The role of wind in the coupled model is associated with
equatorial Ekman upwelling and the efficiency of the diapycnal mixing process. It therefore
compounds the already dominant effect of mixing in determining the uncertainty in the
overturning's strength.
The most important conclusion of this thesis is the critical influence which the formu-
lation of the surface boundary conditions has on the model's sensitivity. The sensitivity to
wind stress in the Southern Oceans has proven this point quite dramatically. Circulation
patterns, which may appear equally consistent with observations when forced with restoring
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terms or flux boundary conditions, can respond in very different ways to perturbations and
changes in forcing.
The most striking difference between the sensitivity maps obtained under relaxation
boundary conditions and those obtained under mixed or flux boundary conditions is the
generally greater sensitivities in the latter cases. This is not surprising, relaxation terms are
constraints imposed onto the circulation, which make it much less sensitive to perturbations
than a system with more freedom. It is the ability of the flow to advect buoyancy perturba-
tions towards high latitudes under flux boundary conditions, which allows high sensitivities
to heat and freshwater fluxes to extend throughout the basin. Both high and low latitudes
play an important role under mixed boundary conditions, the case thought to be the most
realistic. The coupling to the energy and moisture balance model allows the development of
global sensitivity patterns to the heat flux, diapycnal mixing and wind stress. These maps
are related to the effect of perturbations in the sea surface temperature on the atmospheric
transport of heat and freshwater.
The extreme sensitivity to the formulation of the boundary conditions limits the infer-
ences, which can be drawn from sensitivity analyses performed with models forced with
unphysical boundary conditions, such as salinity restoring terms, and highlights the neces-
sity to provide physically meaningful boundary conditions to ocean models. The differences
between the sensitivity patterns obtained with the ocean and coupled models also points
to limitations in the former category of models, and suggests that this analysis be repeated
with an atmospheric model with more complete physics and dynamics. The climatology of
the forward ocean model is credible and quite similar in both the ocean and coupled mod-
els. However, including interactive atmospheric transports of heat and moisture changes the
manner in which the ocean model state adjusts to changes in wind stress, heat flux and di-
apycnal mixing. Considering the role of both the atmosphere and the ocean when studying
the climatological behavior of the meridional overturning is, therefore, clearly important.
This thesis has focused primarily on the sensitivity of the steady-state meridional over-
turning and its associated heat transport to a range of parameters and boundary conditions.
This allows an assessment of the impact of climatological uncertainties in fields and param-
eters on our ability to model the meridional overturning. The analysis could be repeated
with annual, decadal and centennial patterns to gauge how inter-annual and inter-decadal
variability patterns such as the Arctic Oscillation or the North Atlantic Oscillation translate
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into changes in the overturning and its heat transport. Figure 6-3 illustrates the chang-
ing balance between the influence of heat and freshwater fluxes and that of mixing on the
decadal time scale. For periods of a decade or less, uncertainty and variability in the heat
flux in high latitudes is likely to dominate the variability in the overturning's strength.
Changes in the freshwater flux in the tropics begin to play a role after twenty-five years.
When compared to Fig.6-1, the role of diapycnal mixing in determining the uncertainty in
the meridional streamfunction is relatively minor for periods of a couple decades or less; it
does, however, dominate the uncertainty after a few hundred years.
The number of questions, which can be addressed with the adjoint method is in fact
virtually unlimited. Possibilities include the sensitivity of the atmospheric temperature
change in a global warming scenario to the model's parameters or the sensitivity of carbon
dioxide exchange between the ocean and the atmosphere to a source of carbon dioxide
placed in the ocean in a carbon sequestration scenario.
An important avenue, which this method should lead to, is developing an understanding
of the predictability of the atmosphere-ocean system on climatological time scales. By sam-
pling the singular vectors of the sensitivity patterns and building a set of initial conditions,
an ensemble of forward trajectories can be calculated. The predictability of the evolution of
the system can then be gauged from the convergence or divergence of these trajectories over
time. This approach does, however, require a coupled model, which has the appropriate
variability on climatic time scales. Diverging trajectories also require bifurcation points,
such as a collapse of the meridional overturning circulation, and instability in the evolution
of the forced system. Many interesting questions could be addressed with this approach.
For example, on the time scale of global warming, the predictability of the behavior of
the meridional overturning when convection comes close to collapsing could be examined.
On longer time scales, one could study the predictability of the meridional overturning's
response to large pulses of freshwater, such as those thought to have taken place at the end
of the last ice age.
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Figure 6-3: Estimates of the effect of uncertainty in the heat and freshwater fluxes, wind
stress and diapycnal mixing on the meridional overturning's strength. The area of each
circle is proportional to its contribution to the uncertainty in V)MAX, in Sv. Top: The
perturbations are maintained during ten years. Bottom: The perturbations are maintained
during 25 years.
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Appendix A
Model parameters:
Vertical viscosity
Horizontal viscosity
Diapycnal diffusivity
Isopycnal diffusivity
Thickness diffusivity
Maximum slope (GM)
Momentum timestep
Tracer timestep
vv
Vh
Ki
tKtd
AtT,
'Atr;s
10-3 m2s-1
5. 105 m2s-
3- 10-5 m2s-
103 m2s-1
103 m2s-I
10-3
3600s
24 hours
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